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ABSTRACT

Aerosol Radiative Impact on the Middle East Regional Climate and the

Red Sea

Sergey Osipov

The climate in the Middle East is complex and remains poorly understood. Due

to the vast Arabian Desert, it is very sensitive to radiative forcing. Mineral dust

is the dominant aerosol in this region. High background dust loading and frequent

dust outbreaks significantly perturb the radiative balance and contribute to climate

variability in the Middle East.

To assess the climatological impact of dust in the region, we derived the aerosol

optical properties and used a standalone column model to quantify radiative forcing

sensitivity to a range of parameters representative of the Arabian Peninsula and the

Red Sea. Simulations and modeling assumptions were validated using available in

situ observations and satellite retrievals for fair weather and dust storm conditions.

We incorporated the optical properties into the regional coupled ocean-atmosphere

model and conducted simulations that represent the regional climate. The analysis

shows that dust cools the Earth-atmosphere system and thus offsets the warming due

to greenhouse gases. Dust reduces the sea surface temperature by 0.4 K, significantly

perturbs energy balance, overturning circulation, and its purely dynamical impact

reduces biological productivity in the Red Sea.

In the real world, dust is present permanently and this does not allow to di-

rectly observe the climate response to the dust forcing. Volcanic eruptions produce

a transient radiative impact that causes a detectable climate response that could be

evaluated from observations and compared with simulations.
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Large equatorial eruptions are known to significantly perturb the Earth’s climate

on the global scale, but their regional impact on the Middle East has not been thor-

oughly investigated. For example, the 1991 Mount Pinatubo eruption had a profound

effect on the MENA and caused extensive coral bleaching in the Gulf of Aqaba. The

analysis shows that observed cooling in the Middle East was mostly driven by changes

in the atmospheric large-scale circulation, forced by the volcanic aerosol. We found

that the Red Sea response was quantitatively and qualitatively different than that

of the global ocean. However, similar to the global case, major volcanic eruptions

significantly contribute to the regional climate variability and has to be accounted for

in trend analyses.
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Chapter 1

Introduction and motivation

According to the fourth and fifth Intergovernmental Panel on Climate Change (IPCC)

assessment reports, aerosols have one of the largest radiative forcing uncertainties

compared to other components (Solomon et al., 2007; Myhre et al., 2013a). Under-

standing and reducing this uncertainty is one of the key climate science challenges

of the twenty-first century. Overall, mineral dust and volcanic aerosols produce the

strongest radiative forcing. However, their radiative forcing sensitivity and impact

in the Middle East have not been studied comprehensively. The Middle East is very

sensitive to radiative forcings from a variety of origins, partly because surface energy

balance in the arid regions is restored predominantly by thermal radiation, i.e., by

the surface temperature response. The goal of this dissertation is to evaluate the

radiative forcing, specifically of mineral dust and volcanic aerosols, and to advance

the understanding of the role of these two agents in regional climate variability in the

Middle East.

Mineral dust is the most abundant aerosol by mass (Ginoux , 2017; Kok et al.,

2017). Its radiative forcing and uncertainty (Zhao et al., 2013; Claquin et al., 2011) are

associated with several factors. Dust particles suspended in the atmosphere are char-

acterized by higher spatial and temporal variability compared to greenhouse gases.

Mineral dust is generated when strong winds pass over arid soil in source regions.

Emission and deposition of this dust involves complex physics of micron scale par-

ticles (Kok , 2011a), which hinders the observation and measurement of their fluxes.

Once lofted, dust aerosol perturbs Earth’s radiative balance by changing optical prop-
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erties of the atmosphere, which are dependent upon a on large number of parameters

(Otto et al., 2007). Size distribution, mineral composition, and shape of the dust

particles and surface albedo are the key parameters that define the radiative forc-

ing. Kok (2011a) applied brittle material theory to derive the emitted dust particle

size distribution and found that General Circulation Models (GCM) overestimate the

fraction of the clay size particles (< 2 µm diameter). This finding is also supported

by multiple observational campaigns (Otto et al., 2007; Weinzierl et al., 2009; Ryder

et al., 2013) and numerical studies (Khan et al., 2015; Kok et al., 2017), which in-

dicate the presence and importance of the coarse mode particles in the atmosphere.

Dust particle size spans several orders of magnitude and varies from submicron size

to hundreds of microns. The smaller particles cool the Earth by scattering short-

wave (SW) radiation and thus oppose the warming due to greenhouse gases. Due

to atmospheric circulation, they are subject to long-range transport (Ben-Ami et al.,

2009; Khan et al., 2015). The larger particles are more absorbent, especially in the

longwave (LW), and have positive top of the atmosphere (TOA) radiative forcing but

a shorter lifetime.

Mineral composition and thus the complex refractive index of dust aerosol varies

with, and depends upon, the source region. Iron content significantly modulates

the imaginary part of the refractive index and absorption by dust in the atmo-

sphere. Balkanski et al. (2007) produced a SW refractive index by considering dif-

ferent hematite contents and showed that dust is significantly less absorbent than

was assumed previously. Di Biagio et al. (2017) sampled mineral dust from the eight

largest source regions and obtained the first global coverage of the dust aerosol refrac-

tive index in LW. Their results indicate that the LW imaginary part of the refractive

index is not spectrally gray and is not spatially invariant, both of which are routinely

assumed in climate models and remote sensing retrievals.

Dust particles have complex and irregular shapes (Jish Prakash et al., 2016).
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Assumptions regarding the shape of the particles has a strong impact on the phase

function and scattering patterns of aerosol. Dubovik et al. (2006) showed that a

spheroids mixture model allows a more accurate match of measured spectral and

angular intensity dependencies observed by the Aeronet sun photometer instrument

when compared to pure spheres.

Surface albedo defines the bottom boundary conditions for the radiative transfer

in the atmospheric column and thus is important for the calculation of aerosol ra-

diative forcing (Houghton et al., 2001). Experimental and theoretical studies have

shown surface albedo dependence on the solar zenith angle, on atmospheric condi-

tions (ratio of the direct and diffuse fluxes) and, in case of ocean surface, on wind

speed (or surface roughness) and chlorophyll concentration (Lyapustin, 1999; Liao

and Seinfeld , 1998; Jin et al., 2004). Thus, dust radiative forcing strongly depends

on the underlying surface and the interplay between surface albedo and atmospheric

conditions influenced by dust.

The microphysical and optical properties of volcanic aerosols are significantly dif-

ferent from those of mineral dust. Volcanic aerosols are produced photochemically

in the atmosphere after volcanic eruptions. However, only strong volcanic explosions

are relevant in terms of climate impact, since they are able to inject large amounts of

chemically active gases and consequently sulfate aerosol into the stratosphere. When

this occurs, the life-time of the volcanic cloud significantly increases and produces

radiative forcing on a longer time scale before being removed from the atmosphere.

For example, the Mount Pinatubo eruption in 1991 injected about 18 Tg of SO2 at

an altitude of about 18 km (LeGrande et al., 2016). After the eruption, the SO2

was converted into sulfate aerosol with an e-folding time of 35 days, which lasted

in the stratosphere for 2-3 years (Read et al., 1993; Stenchikov et al., 1998). Thus,

volcanic eruptions cause relatively short-term climate perturbations compared to min-

eral dust. Sulfate aerosols are a mixture of water and sulfuric acid represented by
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micron-sized liquid spherical droplets, which defines their shape, refractive index, and

size distribution.

The radiative forcing of mineral dust and volcanic aerosols perturbs the climate

and adds to its variability. The climate in the Middle East and North Africa (MENA)

is especially complex. Its regional climate variability is controlled by several major

climate drivers (Dogar et al., 2017). The Arctic Oscillation (AO) and Indian Summer

Monsoon (ISM) appear to produce the strongest regional climate responses in winter

and summer, respectively (Abualnaja et al., 2015). The El Nino Southern Oscillation

(ENSO) modulates MENA’s climate during both seasons (Raitsos et al., 2015). Nev-

ertheless, Middle East and Red Sea climate mechanisms and trends remain poorly

understood. For example, sea surface temperature (SST) analysis showed that the

Red Sea experienced abrupt warming in the mid-90s and an ongoing positive SST

trend in a recent decade (Cane et al., 1997; Raitsos et al., 2011). However, the causes

of the temperature increase are still unclear and are partly associated with the global

response to the anthropogenic forcing and innate natural variability of the climate

system.

Large equatorial volcanic eruptions are known to significantly perturb the Earth’s

climate (Robock , 2000; Stenchikov , 2016; Timmreck , 2012). These perturbations can

be separated from the internal variability of the system. They therefore provide a

natural experiment to assess climate mechanisms. The Pinatubo eruption in 1991

was the strongest in the twentieth century and was the best observed recent eruption.

It has been widely used to study the processes affecting the climate on a global

scale (Merlis et al., 2014; Stenchikov et al., 2009, 2006, 2002; Boer et al., 2007). For

example, Stenchikov et al. (2006) and Robock and Mao (1992) studied high-latitude

winter warming after strong equatorial volcanic eruptions and associated the warming

with the anomalously positive phase of AO.

Severe winter cooling was observed in the Middle East after the Mount Pinatubo



18

eruption in 1991, and, at least partially, was caused by the positive phase of AO

(Dogar et al., 2017). Although this effect was recognized (Robock and Mao, 1995;

Thompson and Wallace, 1998), it was not thoroughly investigated. The impact on

Pinatubo’s eruption on the Middle East was profound. Snowfall was recorded in

Israel during the winter of 1991-92. Observed Red Sea SST decreased more than 1

K, which was three times the globally averaged value (Stenchikov et al., 2009; Ding

et al., 2014). This cooling induced unusually deep water mixing in the Red Sea, which

brought nutrients to the surface waters and caused extensive algal bloom, which in

turn shaded the corals and caused extensive coral bleaching in the Gulf of Aqaba

(Genin et al., 1995).

In addition to volcanic forcing, the MENA region and the Red Sea are signifi-

cantly influenced by dust aerosol. The Red Sea is a tropical marginal sea located

in the dust belt area (Prospero et al., 2002) between the largest dust source regions

of North Africa and the Arabian Peninsula. The Sahara and Arabian deserts, the

world’s two largest, are located in these regions, which together account for about 70

% of the total global dust emission (Tanaka and Chiba, 2006; Ginoux et al., 2012).

Dust storms are frequent in these areas (Jish Prakash et al., 2015) and have a pro-

found effect on global and regional climate as well as air quality (Osipov et al., 2015;

Bangalath and Stenchikov , 2015). Multiple field campaigns were conducted in North

Africa, such as ACE-2, SAMUM, GERBILS and Fennec (Otto et al., 2007; Müller

et al., 2010; Weinzierl et al., 2009; Khan et al., 2015; Ansell et al., 2014; Johnson

and Osborne, 2011; Ryder et al., 2013; Banks et al., 2014). However, the Arabian

Peninsula, the third largest source region, has received little attention so far and

lacks observational campaigns. Dust monitoring initiatives in the region include the

instrumental site established at King Abdullah University of Science and Technology

(KAUST) by Principal Investigator (PI) Georgiy Stenchikov. Several collocated in-

struments provide continuous in situ observations. The ground-based multiband sun
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photometer instrument under the Aerosol Robotic Network (AERONET) program

routinely measures the spectral sun irradiance and sky radiance in the almucantar

and principal planes. An inversion algorithm uses this information to derive a com-

prehensive set of column integrated information including the aerosol optical depth,

refractive index, and size distribution (Dubovik and King , 2000). A micro-pulse lidar

located nearby provides additional critical information about the vertical profile of

the aerosol (Ellsworth J. Welton, 2001). Dust deposition rates are routinely measured

using several frisbee samplers installed throughout the KAUST campus (Engelbrecht

et al., 2017). Engelbrecht et al. (2017); Jish Prakash et al. (2016) reported mineralog-

ical, chemical and physical properties of the samples collected at the KAUST sites

as well as from the Arabian Red Sea coastal plain. These observations are invalu-

able for restricting the mass balance of the dust and assessing the role of the dust

deposition on the biological productivity in the ocean, especially in the oligotrophic

Red Sea (Jish Prakash et al., 2015; Churchill et al., 2014; Raitsos et al., 2013, 2015;

Triantafyllou et al., 2014; Almahasheer et al., 2016).

In 2011 the first ship- and ground-based aerosol optical depth measurements were

gathered across the Red Sea. These measurements were used to validate the geosta-

tionary Spinning Enhanced Visible and InfraRed Imager (SEVIRI) satellite retrievals

and to produce the climatological aerosol optical depth over the Red Sea (Brindley

et al., 2015; Banks et al., 2017). The climatology reveals a distinct north to south

AOD gradient along the Red Sea axis and heavy dust loading during the summer in

the southern Red Sea. However, the climatological impact of this dust aerosol on the

Red Sea is not yet understood.

1.1 Objectives and outline

The goal of this dissertation is to evaluate mineral dust and volcanic aerosol radiative

forcing and to advance the understanding of their impact on the regional climate in



20

the Middle East and the Red Sea.

In Chapter 2 we attempt to better quantify radiative effects of dust over the Ara-

bian Peninsula and their dependence on input parameters. For this purpose we devel-

oped a stand-alone column radiation transport model coupled with the Mie, T-matrix,

and geometric optics calculations, and driven by reanalysis meteorological fields and

atmospheric composition. Numerical experiments were carried out for a wide range of

aerosol optical depths, including extreme values developed during the dust storm on

18-20 March 2012. Comprehensive ground-based observations and satellite retrievals

were used to estimate aerosol optical properties, validate calculations, and carry out

radiation closure. The broadband surface albedo, fluxes at the bottom and top of the

atmosphere as well as instantaneous dust radiative forcing, were estimated both from

the model and from observations. The diurnal cycle of shortwave instantaneous dust

direct radiative forcing was studied for a range of aerosol and surface characteristics

representative of the Arabian Peninsula. Mechanisms and parameters responsible for

the diurnal variability of radiative forcing were evaluated. We found that intrinsic

variability of the surface albedo and its dependence on atmospheric conditions, along

with anisotropic aerosol scattering, are mostly responsible for diurnal effects.

In Chapter 3 we address the impact of the Mount Pinatubo eruption on the Middle

East and Red Sea, and the role of explosive volcanism in regional climate variabil-

ity and trends. The 1991 eruption of Mount Pinatubo had dramatic effects on the

regional climate of the Middle East. Though acknowledged, these effects have not

been thoroughly studied. To fill this gap and to advance understanding of the mech-

anisms that control variability in the Middle East’s regional climate, we simulated

the impact of the 1991 Pinatubo eruption using a regional coupled ocean-atmosphere

modeling system set for the Middle East and North Africa (MENA) domain. We used

the Coupled Ocean-Atmosphere-Wave-Sediment Transport (COAWST) framework,

which couples the Weather Research and Forecasting Model (WRF) model with the
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Regional Oceanic Modeling System (ROMS). We modified the WRF model to account

for the radiative effect of volcanic aerosols. Our coupled ocean-atmosphere simula-

tions verified by available observations revealed strong perturbations in the energy

balance of the Red Sea, which drove thermal and circulation responses. Our modeling

approach allowed us to separate changes in the atmospheric circulation caused by the

impact of the volcano from direct regional radiative cooling from volcanic aerosols.

The atmospheric circulation effect was significantly stronger than the direct volcanic

aerosols effect. We found that the Red Sea response to the Pinatubo eruption was

stronger and qualitatively different from that of the global ocean system. Our results

suggest that major volcanic eruptions significantly affect the climate in the Middle

East and the Red Sea and should be carefully taken into account in assessments of

long-term climate variability and warming trends in MENA and the Red Sea.

In Chapter 4 we focus on the Middle East and Red Sea regional climate response

to dust aerosol radiative forcing. The Red Sea is located between North Africa and

the Arabian Peninsula, the largest sources of dust in the world. Satellite retrievals

show very high aerosol optical depth in the region, which increases during the sum-

mer season, especially over the southern Red Sea. The significant north-to-south

gradient of the optical depth over the Red Sea persists throughout the entire year.

Previously estimated and validated radiative forcing from dust is expected to have

a profound thermal and dynamic impact on the Red Sea, but that impact has not

yet been studied or evaluated. Due to the strong radiative forcing at the sea sur-

face, uncoupled ocean modelling approaches with prescribed atmospheric boundary

conditions result in an unrealistic ocean response. Therefore, to study the impact

of dust on the regional climate of the Middle East and the Red Sea, we employed

the coupled ocean-atmosphere model introduced in Chapter 3. The simulations show

that, in the equilibrium response, dust cools the Red Sea, reduces the surface wind

speed, and weakens both the exchange at the Bab-el-Mandeb strait and the over-
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turning circulation. The salinity distribution, freshwater, and heat budgets are also

significantly altered. A validation of the simulations against satellite products indi-

cates that accounting for radiative forcing from dust removes the bias and reduces

errors in the top of the atmosphere (TOA) fluxes and sea surface temperature (SST).

Our results suggest that dust plays an important role in the energy balance, thermal,

and circulation regimes in the Red Sea.

In Chapter 5 we discuss the contribution of this dissertation and future research.
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Chapter 2

Diurnal cycle of the dust instantaneous direct radiative

forcing over the Arabian Peninsula

2.1 Introduction

Mineral dust is an important and integral part of the Earth system. Dust aerosol

perturbs the radiation balance by changing the optical properties of the atmosphere

(Claquin et al., 2011; Sokolik and Toon, 1999; Myhre et al., 2013b). It affects cloud

microphysical properties and precipitation development (Solomos et al., 2011; Levin

et al., 1996; Miller et al., 2004), changes radiative heating of the surface and the

atmosphere, causes significant alterations in the dynamics of the atmosphere (Cuesta

et al., 2009; Cavazos-Guerra and Todd , 2012) and thus drives the circulation (Miller

and Tegen, 1998; Bangalath and Stenchikov , 2015). Deposition of dust into the ocean

provides a source of nutrients to the marine ecosystems (Krishnamurthy et al., 2010;

Mahowald et al., 2005). Health hazards and air quality are directly linked to the

presence of dust in the atmosphere (Derbyshire, 2007; Prospero, 1999). Ongoing

effort to assess dust impacts on the past and future climate will help to reduce existing

uncertainties. Significant progress has been achieved in understanding the mechanism

of dust generation and emitted particle size distribution (Kok , 2011a; Kok et al., 2012;

Kok , 2011b; Shao et al., 2011). Improvement of dust mass balance and more accurate

description of aerosol microphysical properties and vertical profiles have facilitated

better understanding of the dynamic responses and quantification of dust radiative

forcing (Zhao et al., 2013; Zhang et al., 2013; Koffi et al., 2012).
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The world’s biggest deserts are the major source regions of dust (Tanaka and

Chiba, 2006; Ginoux et al., 2012). Multiple studies and field campaigns were con-

ducted in North Africa, which accounts for more than 50% of the annual global dust

emissions. Otto et al. (2007) carried out a sensitivity study on refractive index, so-

lar zenith angle and surface albedo (ocean and desert) for the 1997 Saharan ACE-2

campaign. They stressed the role of large mineral dust particles. Slingo et al. (2006)

presented simultaneous space and ground based observations of a major dust storm

during March 2006 in Niamey, Niger. Osborne et al. (2011) demonstrated the effect of

Saharan dust aerosol in cloud-free conditions over land areas between Mauritania and

Niger during June 2007. Ryder et al. (2013) investigated the aerosol size distribution

and optical properties over Mali, Mauritania, and Algeria during the Fennec 2011

aircraft campaign.

The Arabian Peninsula is the third largest source region of dust after North Africa

and Central & East Asia, accounting for about 12% of total emissions (Tanaka and

Chiba, 2006). However, this region has received little attention so far; it is lacking

field campaigns and has few in-situ observations. Some of the studies conducted for

the Arabian Peninsula include dust storm trajectories analysis (Notaro et al., 2013),

impact of the March 2009 dust storm (Maghrabi et al., 2011), and assessment of

the remotely-sensed and ground based aerosol optical depth (AOD, τ) measurements

consistency (Yu et al., 2013).

Osborne et al. (2011), Slingo et al. (2006), and Otto et al. (2007) have considered

the diurnal effects of dust. However, treatment of the surface optical properties was

oversimplified (surface albedo was fixed). Jin et al. (2004) showed that measured

broadband ocean surface albedo (OSA) for a specific condition varies from about

0.04 at local noon to 0.3 when the sun is low. Li et al. (2006) considered several OSA

parametrization schemes and pointed out that top of the atmosphere (TOA) reflected

solar fluxes are biased by up to 20 W m−2 for simpler schemes. For the desert surface
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case, based on the Baseline Surface Radiation Network (BSRN) measurements at

the Desert Rock location, Roesch et al. (2004) showed that diurnal variation of the

broadband albedo were confined to the 0.2 to 0.27 range. Surface albedo is also

known to depend on the atmospheric conditions and on the ratio of direct and diffuse

fluxes in particular. Increased surface diffuse flux tends to increase effective albedo

during the local solar noon and decrease it when the sun is low (Lyapustin, 1999).

Even though intrinsic variability of the surface albedo and impact of atmospheric

conditions are believed to have a minor effect on climate energy balance, diurnal

cycle of the surface albedo may be an important factor in determining the sign and

improving the quantitative estimate of dust forcing.

Daytime cycles of dust impact have also been studied using observations from

the Spinning Enhanced Visible and InfraRed Imager (SEVIRI) and Geostationary

Earth Radiation Budget (GERB) instruments on Meteosat-9, by Ansell et al. (2014)

and Banks et al. (2014). In each considered case (Geostationary Earth Radiation

Budget Intercomparison of Longwave and Shortwave radiation campaign over North

Africa during June 2007 and Fennec campaign in the central Sahara in June 2011,

respectively) diurnal features reported were generally not due to the diurnal cycle of

the AOD itself, suggesting that the physics involved are playing a major role.

The complexity of the mineral dust radiative effect is associated with several

factors. Dust aerosol is optically active in both shortwave (SW) and longwave (LW)

ranges. It is one of the most absorbing aerosols after black carbon (Kinne et al.,

2003). Its effect strongly depends on a number of parameters including dust particle

size distribution and surface albedo, temperature, and water vapor mixing ratio,

especially for the longwave case. Dust spatial, temporal, and microphysical patterns

are known to vary depending on the location and source regions (Giles et al., 2012;

Basart et al., 2009).

The current study aims at better quantification of the clear-sky mineral dust in-
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stantaneous direct radiative forcing (DRF) and its diurnal cycle over the Arabian

Peninsula. This region is less studied and lacks in situ observations, even though

it represents one of the major sources of dust and occupies a significant part of the

dust belt area (Prospero et al., 2002). We pay close attention to the effects of the

surface albedo, carefully define aerosol characteristics, and study the DRF diurnal

cycle. In order to carry out numerical experiments, we developed a flexible frame-

work for a standalone column Rapid Radiative Transfer Model (RRTM) and tested

the model conducting radiation closure calculations using satellite and ground-based

observations. The model description is given in Sect. 2.2. Numerical experiments

were performed for King Abdullah University of Science and Technology (KAUST)

campus location at the shoreline of the Red Sea, 22.305N 39.095E and at the Solar

village location in the central part of the Arabian Peninsula, 24.907N 46.397E, where

both bottom of the atmosphere (BOA) and top of the atmosphere (TOA) observa-

tions (Sect. 2.3) are available for closure as well as Aeronet observations of aerosol

abundance and optical characteristics. Results are presented in Sect. 2.4. Mecha-

nisms and parameters responsible for sensitivity of the diurnally resolved and daily

mean DRF over the Arabian Peninsula are then discussed. We formulate conclusions

in Sect. 5.

2.2 Model description

Column standalone radiative transfer models are widely used for detailing the ra-

diative impact of dust aerosol (Otto et al., 2007; Osborne et al., 2011; Slingo et al.,

2006). Such models comprise a radiative transfer core and a preprocessor. As a core

of such a model in this study we use the Rapid Radiative Transfer Model (RRTM),

which is employed as a radiation module in a number of general circulation and re-

gional models. The full list of applications, source code and examples are available

at: http://rtweb.aer.com/rrtm_frame.html, last access: 17 January 2015. The

http://rtweb.aer.com/rrtm_frame.html
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developed preprocessor can handle:

1. Meteorological input profiles from ERA-Interim products or GCMs output

2. Gas component profiles from observations and from chemistry and transport

model outputs

3. Spectral aerosol optical property profiles derived from Aeronet products

4. Cloud property profiles (not used in this study)

5. Surface spectral optical properties from airplane observations, MODIS land

products and parametrizations

In-depth details of each component and treatment of aerosols are given in the following

sections.

2.2.1 RRTM

RRTM has been extensively validated and is known to be used in various applications

including the Integrated Forecast System at the European Centre for Medium-Range

Weather Forecasts (ECMWF) and the Weather Research and Forecasting Model

(WRF-ARW) at the National Center for Atmospheric Research (NCAR). The LW

module, RRTM_LW (Mlawer et al., 1997), uses the correlated-k method for LW ra-

diative transfer, allowing calculation in 16 bands in the spectral range of 3.08-1000

µm. The SW module, RRTM_SW (Mlawer and Clough, 1997), has 14 bands in the

spectral range of 0.2-12.2 µm. In this study both SW and LW RRTM are configured

to use Discrete Ordinates Radiative Transfer (DISORT) solver with the 16 stream

setup to perform radiative transfer calculations. Key RRTM features important for

this study are:

1. k-distributions are obtained directly from a line-by-line radiative transfer model
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2. Modeled molecular absorbers are water vapor, carbon dioxide, ozone, methane,

and oxygen; additional sources of extinction are Rayleigh scattering in SW and

nitrous oxide, nitrogen, and halocarbons in LW. Aerosol scattering effects are

taken into account in both SW and LW

3. RRTM_SW error with respect to line-by-line calculations is 1W m−2 for direct

and 2 W m−2 for diffuse irradiance, respectively (Mlawer and Clough, 1997)

4. RRTM_LW error with respect to line-by-line calculations is 1.5W m−2 (Mlawer

et al., 1997)

2.2.2 Atmospheric meteorological characteristics and chemi-

cal composition

The meteorological characteristics required to drive RRTM were taken from the

ECMWF reanalysis (ERA-Interim) data set. ERA-Interim data were obtained from

the ECMWF Data Server with 0.125 by 0.125 degree horizontal and 6 hours temporal

resolution. Necessary values were linearly interpolated in time. Gas components were

prescribed as monthly climatology derived from the Global Modeling Initiative (GMI)

model monthly mean output. The GMI 3-D chemistry and transport model was in-

tegrated with meteorological fields from the Modern Era Retrospective-analysis for

Research and Applications (MERRA) and includes full chemistry for both the tropo-

sphere and stratosphere (Strahan et al., 2011; Douglass et al., 1999). All calculations

were performed on the internal grid consisting of 37 vertical pressure levels. To avoid

additional interpolation errors, boundaries were set up at constant ERA-Interim pres-

sure levels. Corresponding heights were calculated from geopotential. All additional

necessary variables were interpolated on this internal pressure grid.
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2.2.3 Aerosols

The aerosol optical properties in shortwave (extinction ε(λ), single scattering albedo

ω(λ), and phase function p(λ)) are calculated for a given size distributionN(r) (van de

Hulst , 1957) assuming a mixture of randomly orientated spheroids, following the

approach of Dubovik et al. (2006). In longwave, non-spherical effects are expected

to be small (Haywood et al., 2005) and the analytic Mie solution (Veihelmann et al.,

2006) has been used. We assume that aerosol size distribution can be approximated

by two log-normal modes (fine and coarse) with parameters ri and σi (modal radius

and standard deviation of the radius for number distribution, respectively):

dN(r)

dr
=
∑
i=c,f

Ni

rσi
√

2π
e
− (ln(r)−ln(ri))

2

2σ2
i (2.1)

where index i goes for coarse (c) and fine (f) modes, Ni is a total number density of

particles of a given mode, and r is a radius.

Particles from the coarse and fine modes might have different refractive indices.

We assume that aerosol is represented by one dominant type (dust, justified fur-

ther). We assume that two modes are externally mixed, thus optical properties of the

mixture could be obtained according to e.g., D’Almeida et al. (1991):

εm(λ) =
∑
i=c,f

εi(λ) (2.2)

ωm(λ) =

∑
i=c,f

ωi(λ)εi(λ)∑
i=c,f

εi(λ)
(2.3)

pm(λ) =

∑
i=c,f

pi(λ)ωi(λ)εi(λ)∑
i=c,f

ωi(λ)εi(λ)
(2.4)

where subscript m refers to mix aerosol and pi(λ), ωi(λ), εi(λ) are calculated for each
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mode separately.

To define aerosol size distribution we use effective radius and standard deviation

of the fine and coarse modes from Aeronet inversion products (Dubovik and King ,

2000). For a given mode, effective radius is related to the modal radius ri in the

following way (Lacis and Mishchenko, 1995):

reff =

∞∫
0

r3 dNi(r)
dln(r)

dln(r)

∞∫
0

r2 dNi(r)
dln(r)

dln(r)

= rie
5σ2i
2 (2.5)

Aeronet provides column integrated values of AOD and, in order to define a plau-

sible aerosol vertical profile, we collected Cloud-Aerosol Lidar and Infrared Pathfinder

Satellite Observations (CALIPSO, Vaughan et al., 2004) scans in the region bounded

by 32N 32E and 10N 61E. This area covers the Arabian Peninsula, the Red Sea and

the Arabian Gulf. Basic screening was applied to the CALIPSO Lidar Level 2 Aerosol

Profile product, spanning the 2007-2013 time range. The CALIPSO extinction pro-

files at 532 nm were screened over land, averaged, and combined into column AOD

bins with 0.01 step shown in Fig 2.1. In this figure, column AOD (horizontal axis)

spans from fair-weather (AOD < 1) to dust storm (AOD > 2.5) conditions. Even

though the number of observations drops significantly as AOD grows, we believe that

during the dust storm both fine and coarse modes are well-mixed within the bound-

ary layer. Fig 2.1 shows a fast decrease of extinction of the aerosol layer at about 5

km at the top of the planetary boundary layer (PBL) for the entire range of column

AODs. This behavior is consistent with measurements done during the SAMUM I

campaign in southern Morocco in 2006 (Weinzierl et al., 2009) where observed well

mixed aerosol layers were restricted by capping inversion. On this basis, assumption

about vertical profile were made and, in numerical experiments, aerosols from both

modes were distributed uniformly between surface and 550 hPa. This simple vertical
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distribution was also used for fair-weather conditions. According to Liao and Seinfeld

(1998), errors associated with uncertainty in the vertical profile have negligible im-

pact in SW and are less than 1 Wm−2 in LW for about 0.1 AOD between considered

profiles.

According to CALIPSO, the ratio of the “not dust” and “dust” successful retrievals

(screened) in the column between 0 and 5 km is 2.04 percent. Hence, not surpris-

ingly, dust is a dominant aerosol type over the Arabian Peninsula and therefore in

calculations we accounted only for dust. We used Balkanski et al. (2007) refractive

indices (RIs) of the mineral dust internally mixed with 0.9%, 1.5% and 2.7% volume

weighted hematite to calculate aerosol optical properties (referred to as B09, B15 and

B27 respectively). Optical depths at 500 nm for each mode provided by the Aeronet

Spectral Deconvolution Algorithm (SDA) were used to derive the total number of

particles Ni in Eq. (2.1) to match the observed optical depth.

2.2.4 Surface optical properties

It is known that surface albedo is extremely important for calculation of the dust

radiative effect (Houghton et al., 2001), as it defines bottom boundary conditions for

the radiation transfer in the atmospheric column. For each wavelength it is calculated

as a ratio of the reflected and incident surface radiation fluxes. However, surface

albedo depends on several parameters and atmospheric conditions. Experimental

and theoretical studies have shown its dependence on the solar zenith angle, ratio of

the direct and diffuse fluxes and, in case of ocean surface, on wind speed (or surface

roughness) and chlorophyll concentration (Lyapustin, 1999; Li et al., 2006; Jin et al.,

2004). In this section we discuss both land and ocean surface albedo.

The Moderate Resolution Imaging Spectroradiometer (MODIS) instrument aboard

Terra and Aqua satellites views the entire Earth’s surface every 1 to 2 days, acquiring

data in 36 spectral bands. The MODIS multidate and multiangular remotely sensed
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Figure 2.1: Extinction profile of the dust at 532 nm (top panel) and correspond-
ing number of samples (bottom panel) as a function of column AOD, derived from
CALIPSO Lidar Level 2 Aerosol Profile product. Extinction profiles were screened
over the Arabian Peninsula (land) and combined into column AOD bins with 0.01
step. Values, averaged within each bin, are color coded using the log-scale.

surface reflectances are used to derive MODIS Bidirectional Reflectance Distribu-

tion Function (BRDF)/Albedo product MCD43 based on the RossThickLiSparce-

Reciprocal model (Shuai et al., 2008). The MCD43A1 product provides the pa-

rameters associated with this model sufficient to compute the black-sky (qbsa, direct

radiation) and white-sky (qwsa, diffuse radiation) albedos. Thus, in the SW the total

albedo q can be obtained as a weighted sum:

q(λ, θ) =
qbsa(λ, θ)F

dir + qwsa(λ)F dif

F dir + F dif
(2.6)

where λ is a wavelength, θ is a solar zenith angle, F dir and F dif are the direct and

diffuse fluxes respectively.

For the ocean surface we adopted the parametrization provided by Jin et al.
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(2004). In this case, SW total spectral albedo is a weighted sum of four components:

q(λ, θ, w, chl) =
F dir(qdirs (λ, θ, w) + qdirw (λ, θ, w, chl)) + F dif (qdifs (λ,w) + qdifw (λ,w, chl))

F dir + F dif

(2.7)

where w is a wind speed, chl is a chlorophyll concentration, qdirs , qdifs , qdirw , and qdifw are

surface direct and diffuse and ocean volume direct and diffuse albedos, respectively.

The effect of ocean foams (white caps) is also taken into account. Jin et al. (2004)

show that their parametrization is in excellent quantitative and qualitative agreement

with observations and correctly captures diurnal variations of the OSA.

LW surface emissivity is mostly defined by the surface type. Over land it also

depends on the season and vegetation and is thus best observed from space. Daily

land surface emissivities in LW were obtained by combining MODIS level 3 MOD11C1

and MYD11C1 products. LW emissivity for sea water was obtained from the Aster

spectral library (Baldridge et al., 2009).

This formulation of the surface albedo (both for land and ocean) introduces non-

linearity in the radiation transfer calculations, since surface albedo itself depends on

F dir and F dif . Therefore, when calculating radiation transfer in a given atmospheric

column, an iterative approach was used to obtain the ratio r = F dif

F dir
(Li et al., 2006).

During each iteration a new value of r is obtained and is used in the next step. The

iterations continue until the convergence criteria |ri+1 − ri| < 35 ∗ 10−4 is satisfied,

where i is the iteration number. Convergence criteria is chosen not to diminish the

overall accuracy of the RRTM calculations. In order to facilitate the convergence, an

initial guess value of r is chosen depending on the column optical depth.

2.3 Radiation closure

Observations over the Arabian Peninsula are scarce. Below we discuss the set of

measurements that we were able to retrieve and employ in our study.
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2.3.1 Ground observations

Since 1995 until 2003, the King Abdulaziz City for Science and Technology (KACST)

and the National Renewable Energy Laboratory (NREL) have co-operated to estab-

lish a 12 station network of high quality radiation monitoring installations across the

Kingdom of Saudi Arabia. The Solar Village site served as the Network Operations

Center, calibration facility, and data retrieval and quality assessment center. One-

and five-minute data are collected by a suite of instruments compatible with the

BSRN specifications, including upwelling and downwelling longwave and shortwave

fluxes (Al-Abbadi et al., 2002).

In the scope of collaboration with the WHOI (Woods Hole Oceanographic Insti-

tution), a fully-instrumented shore-side tower was deployed at the KAUST campus in

2009 (Farrar et al., 2009) that routinely measures hourly average downward radiation

fluxes (data are available at: http://uop.whoi.edu/projects/KAUST/, last access:

17 January 2015).

2.3.2 TOA observations

To test the simulated radiation fluxes at TOA we used satellite observations. In-

stantaneous footprint-level (20 km nominal spatial resolution) observed fluxes and

cloud coverage were obtained from Clouds and the Earth’s Radiant Energy System

(CERES, Wielicki et al., 1996) Single Scanner Footprint TOA/Surface Fluxes and

Clouds (SSF) Level 2 Edition 3A product. Pixels from Aqua and Terra within 0.2

degree distance were collected for comparison. These data were obtained from the

NASA Langley Research Center Atmospheric Science Data Center. Additionally, we

made use of the Geostationary Earth Radiation Budget High Resolution (GERB HR)

product (available from 2004 onward) which provides continuous observations of the

TOA outgoing fluxes available every 15 minutes and which we re-gridded to 0.25

degree spatial resolution (Harries et al., 2005; Dewitte et al., 2008). We also made

http://uop.whoi.edu/projects/KAUST/
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a detailed comparison with the retrievals of SW and LW radiative forcing derived

from GERB measurements, which are described in detail by Ansell et al. (2014) and

investigated further by Banks et al. (2014). To empirically derive DRF one has to

define the “pristine-sky” fluxes as a reference characteristic. In the SW, pristine-sky

surface albedo is derived from a regression of measured planetary albedo against SE-

VIRI AOD (Brindley and Russell , 2009) within a 0.25 degree grid cell. The SW

dust radiative effect is then calculated by multiplying this pristine-sky albedo by the

incoming downwelling SW flux, and subtracting the measured TOA flux. Meanwhile

in the LW, the pristine-sky TOA LW flux is derived for each timeslot using a 28-day

rolling reference window, which also seeks to account for variations in atmospheric

humidity and surface temperature (Brindley , 2007). As with the SW, the measured

TOA LW flux is then subtracted from this pristine-sky LW flux.

2.4 Results

In this section we discuss clear-sky radiative transfer calculations conducted for dif-

ferent locations over the Arabian Peninsula and the sensitivity studies. In each case

mineral dust DRF is calculated as a difference between perturbed (P) and control (C)

experiments, where P experiments account for dust aerosol and C experiments do not.

Both C and P experiment calculations are carried out using the same meteorology

and atmospheric composition.

2.4.1 Radiation closure test and DRF

In this section we conduct calculations for two specific locations: in the central Ara-

bian desert at Solar Village and in the semi-desert area at the coastal plain of KAUST

campus.

The first case study focuses on the 9-12 August 2002 DRF during fair-weather

AOD conditions, based on Aeronet measurements at the Solar village site. For this
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Table 2.1: Deviations from the default setup of the experiments conducted for the
Solar village case

Experiment Description
P and C approximated surface temperature

PE and CE ERA-Interim surface temperature
PA and CA approximated surface temperature,

aerosol scattering is ignored in LW

case, measurements of both the surface incident and reflected shortwave fluxes are

available. They were used to estimate broadband surface albedo and compare it with

the one derived from the model runs based on the MODIS BRDF/Albedo product.

Description of the experiments and corresponding abbreviations are provided in Table

2.1. The first set of perturbed and control experiments uses surface temperature

approximated from observations of the surface upwelling LW fluxes and the Stefan-

Bolzmann law. The second set of experiments (denoted as PE and CE) follows a

default setup (Sect. 2.2.2) and is based on surface temperature derived from ERA-

Interim product. The third set of experiments (denoted as PA and CA) is identical

to the first set, but does not model LW scattering and uses absorption optical depth

instead of extinction optical depth to exclude scattering effects.

The second case study deals with a major dust outbreak that occurred over the

Arabian Peninsula during March 2012. The storm was observed by Aeronet at the

KAUST campus site established in February 2012. The storm front first arrived on

18 March, causing strong AOD growth up to τ(0.5 µm) ∼ 1.6. Maximum value

τ(0.5 µm) ∼ 4.75 was reached on 19 March 2012. During the next 5 days AOD

gradually relaxed from τ(0.5 µm) ∼ 2 to τ(0.5 µm) ∼ 0.5. Since calculations in this

section are based on Aeronet observations, simulations are only performed during the

daytime at the exact time of each measurement.

Fluxes from satellite retrieval products, ground-based observations and the model

used in this study span different spectral ranges, as summarized in Table 2.2. The

broadband fluxes are integrated over wavelengths and are not very sensitive to the
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Table 2.2: Spectral ranges of the satellite products, ground observations, and RRTM
model. Wavelengths are given in microns.

CERES GERB KAUST Solar village RRTM
SW 0-5 0.3-4 0.28-2.8 0.28-2.8 0.2-12
LW 5-100 4-100 3.5-50 3.5-50 3-1000

exact position of the band’s interfaces, as the interfaces are chosen to be in the

regions of small intensities of the solar and terrestrial radiation (van de Hulst , 1957).

However, cut-off at 50 microns in LW may introduce positive bias up to about 14

Wm−2 when RRTM fluxes are compared to ground based observations.

In order to quantitatively compare time series of computed and observed quantities

(yc and yo) we define the absolute error (root-mean-square error, RMSE) given by

RMSE =

√∑
i e

2
i

N
(2.8)

where N is the number of elements in the time series, deviation at a given time

ei = yci − yoi . Similarly, relative error (RMSEr) is given by:

RMSEr =
RMSE√√√√∑

i

(yci )
2

N

100% (2.9)

2.4.1.1 Solar village

This case study is characterized by naturally cloud free conditions and relatively low

column AOD shown in Fig. 2.2. We were able to achieve good agreement with the

SW downwelling surface direct fluxes shown in Fig. 2.2. While the instrument uncer-

tainty is 2% at 1 kW m−2, RMSE does not exceed 10 W m−2 and RMSEr is only

1.9%, as aerosol extinction optical depth provided by Aeronet is fairly accurate. At

the same time, we have stronger forward scattering in calculations than in observa-
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tions, as indicated by the positively biased diffuse flux (RMSEa is 36 W m−2 and

RMSEr is 20%). As a result, total albedo q (Eq. (2.6)) shifts more towards the qwsa.

Nevertheless, taking into account that diffuse flux in the perturbed experiment is on

average 3.5 times bigger than in the control (not shown here), this bias has minor im-

pact on effective albedo (Eq. (2.6)). Abrupt “triangular-like” shape of the computed

LW fluxes is due to linear interpolation of the 6-hour meteorological data. In LW

RMSE reaches 17 W m−2, given the instrument uncertainty of +/- 10 W m−2 and

RMSEr is 4.2%. Bias due to difference in the RRTM and instrument spectral range

contributes up 14Wm−2 to the error and discrepancies in meteorological profiles have

only minor impact.

Figure 2.3 shows diurnal variations of the broadband surface albedo derived from

BSRN measurements and calculated in the perturbed experiment. Since observations

are attributed to a point location and the numerical experiment is based on the

MODIS BRDF product attributed to a 500 m pixel, exact quantitative comparison

with measurements is somewhat hindered. Nevertheless, MODIS BRDF parameters

are adequate and qualitatively capture a strong diurnal cycle of the surface albedo

up to solar zenith angles of about 75◦.

Due to positive bias in the surface downwelling flux (mostly due to diffuse com-

ponents, Fig. 2.2) and in the surface albedo (Fig. 2.3), computed surface upwelling

SW fluxes shown in Fig. 2.4 are slightly bigger than observed and RMSE reaches

19 W m−2, RMSEr is 8.4%, given 3% instrument uncertainty at 1 kW m−2. Surface

upwelling LW fluxes in the perturbed experiment agree with observations by construc-

tion. At the same time, error in ERA-Interim surface temperature increases RMSE

to 25 W m−2 and RMSEr to 4.5% for the PE experiment relative to measurements.

Figure 2.5 shows that computed SW TOA outgoing fluxes are also consistent

with CERES inferred values (RMSE is 20 Wm−2 and RMSEr is 6.3%). In LW,

due to corrected surface temperature, P experiment has slightly better agreement
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Figure 2.2: Surface downwelling fluxes at Solar village. The top panel presents SW
surface downwelling perturbed experiment direct (P dir, black stars) and diffuse (P
dif, purple stars), in-situ measured direct (Obs dir, red circles) and diffuse (Obs dif,
blue circles) fluxes and Aeronet SDA column AOD at 500 nm (green, right vertical
axis). The bottom panel presents LW surface downwelling perturbed experiment (P,
black stars) and in-situ measured (Obs, red circles) fluxes.

with observations than PE experiment (RMSE is 18 Wm−2 and 20 Wm−2, RMSEr

is 1.7% and 1.9%, respectively). This can be compared to the estimates of the

CERES instantaneous TOA flux error, which are based on a series of consistency

tests and are discussed in Loeb et al. (2003). For example, all-sky TOA flux uncer-

tainties for Terra in tropics are estimated to be 14.3 Wm−2 (5.1%) and 5.1 Wm−2

(1.8%) in SW and LW, respectively (according to CERES Terra Edition3A SSF Data

Quality Summary, available at: https://eosweb.larc.nasa.gov/project/ceres/

quality_summaries/CER_SSF_Terra_Edition3A.pdf, last access: 17 January 2015).

Comparison of the TOA fluxes completes the radiation closure.

Given a good agreement (with uncertainties close to instrumental) of the surface

(downwelling and upwelling) and TOA (upwelling) fluxes and thus fairly accurate

https://eosweb.larc.nasa.gov/project/ceres/quality_summaries/CER_SSF_Terra_Edition3A.pdf
https://eosweb.larc.nasa.gov/project/ceres/quality_summaries/CER_SSF_Terra_Edition3A.pdf
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Figure 2.3: Three days accumulated broadband SW albedo at Solar village derived
from ground-based measurements (Obs, red stars) and perturbed experiment based
on MODIS BRDF (P, blue circles).

radiation closure, we focus on calculating the mineral dust radiative forcings. We

first define total downward minus upward flux as:

F = F↓ − F↑ (2.10)

where F↓ and F↑ are the downward and upward fluxes, respectively. Thus, following

the convention, the instantaneous forcing ∆F (either TOA or BOA) is defined as

difference of total downward minus upward fluxes in the P and C experiments:

∆F = F P − FC (2.11)

and atmospheric absorption ∆FA due to dust aerosol is then defined as a difference

between TOA and BOA forcings:
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Figure 2.4: SW (top panel) and LW (bottom panel) computed surface upwelling
fluxes with approximated surface temperature (P, blue) and prescribed from ERA-
Interim (PE, black) and in-situ measurements (Obs, red) at Solar village. Aeronet
SDA column AOD at 500 nm (top panel, green) is plotted against right vertical axis.

∆FA = ∆F TOA −∆FBOA (2.12)

The positive value of the radiative forcing ∆F TOA, ∆FBOA, ∆FA means heating

of the atmospheric column, underlying surface or atmosphere respectively.

Figure 2.6 shows that ∆F TOA and ∆FA have strong diurnal cycles. In the SW,

dust causes cooling of the atmospheric column (but ∆F TOA is close to zero during

the local solar noon) and increases atmospheric absorption. In the LW the effect

is opposite, but has comparable magnitudes. Sensitivity of the LW DRF to the

surface temperature (not shown) is much smaller compared to fluxes (as expected) and

RMSE of the LW DRF is less than 0.5 Wm−2 between P and PE experiments, given

RMSE of the surface temperature is 2 K. Liao and Seinfeld (1998) also considered

dependence of the LW DRF on atmospheric conditions (including temperature and
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Figure 2.5: TOA upwelling fluxes at Solar village. The top (SW) and bottom (LW)
panels present fluxes computed with approximated surface temperature (P, blue) and
prescribed from ERA-Interim (PE, cyan) and satellite inferred fluxes (CERES, red)
. Cloudy area percent coverage derived from CERES product (top panel, green) is
plotted against right vertical axis.

water vapor profiles) and reported similar values. LW scattering has a stronger impact

on LW ∆F TOA than on ∆FA and RMSE is 2.9 Wm−2 and 0.1 Wm−2, respectively,

between P and PA experiments. Similar results have been reported by Dufresne

et al. (2002) and Sicard et al. (2014). The number of large particles in the size

distribution might be potentially underestimated by Aeronet, and thus the impact of

LW scattering could be underestimated. Errors associated with the surface albedo

are discussed separately in Sect. 2.4.2.2.

2.4.1.2 KAUST campus

The time span of the numerical experiments for the KAUST case consists of several

days of fair-weather AOD followed by the major dust outbreak that occurred over

the Arabian Peninsula on 18-20 March 2012 and several days of recovery. Figure 2.7
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Figure 2.6: SW (top panel) and LW (bottom panel) ∆F TOA (red triangles) and
atmospheric absorption ∆FA (blue circles) computed for the experiments set with
approximated surface temperature at Solar village.

shows the impact of this dust event on the surface downwelling fluxes. Peak AOD

at KAUST was reached on 19 March. As a result, observed surface downwelling

SW flux reduced to about 500 W m−2, which is half of the corresponding control

experiment value. Due to high column AOD, direct flux almost disappeared and all

the downwelling flux was represented by the diffuse component only. A similar effect

was reported by Slingo et al. (2006) for the March 2006 dust storm at Niamey, Niger.

SW surface cooling was partly compensated by increased downwelling LW flux from

the dust layer.

Strong reflection of the SW radiation back to space was observed during the

storm. The top panel in Fig. 2.8 shows that outgoing SW fluxes increased by about

150 W m−2, which is consistent with the satellite retrievals. Unlike the Solar village

case, clouds were present during the selected days as shown on the top panel of Fig.

2.8. This fact degrades the agreement and explains biases in the computed fluxes

relative to observations since calculations are done for clear-sky conditions. Presence
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of clouds implies higher column optical depth than assumed in the model and thus

observed SW downwelling fluxes are smaller than computed, which is consistent with

the results shown on the top panel in Fig. 2.7.

For this case study, GERB cloud-screened SW and LW TOA DRF are available for

comparison and are shown in Fig. 2.9. According to Ansell et al. (2014), estimated

GERB DRF error both in SW and LW is +/- 15 Wm−2. Similar to the Solar village

case, TOA DRF exhibits strong diurnal cycle. SW DRF is strictly negative and

reaches about -150Wm−2 when AOD is at its highest. In the LW, mineral dust causes

significant warming of the Earth-atmosphere system, reaching 50 W m−2. Unlike the

Solar village, the impact of LW scattering is critical in this case (RMSE is 6 Wm−2

and RMSER is 38%) with maximum error on 19 March reaching 14 Wm−2. Two

independent sets of TOA forcings (model and GERB) agree fairly well in magnitude

(RMSE is 24Wm−2 and 5Wm−2 in SW and LW, respectively) and general behavior,

confirming that the model captures the main quantitative features of the process.

2.4.2 Diurnal cycle of SW DRF

In this section we focus on the sensitivity of the SW DRF diurnal cycle at the TOA

and BOA and atmospheric absorption by aerosol, i.e. ∆F TOA, ∆FBOAand ∆FA,

with respect to several parameters that span the range of values representative for

the Arabian Peninsula. Specifically, we consider dependence on solar zenith angle

θ and sensitivity to the total column AOD τ , aerosol size distribution dN
dr
, aerosol

refractive index RI and surface albedo q:

∆F = f(θ, τ,
dN

dr
,RI, q(θ, r)) (2.13)

While the middle Arabian Peninsula is extremely arid, coastal areas receive more
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Figure 2.7: SW (top panel) and LW (bottom panel) surface downwelling fluxes
at KAUST for perturbed experiment (P, blue), in-situ measurements (Obs, red).
Aeronet SDA column AOD at 500 nm (top panel, green) is plotted against right
vertical axis.

precipitation, have more vegetation and are less reflective. The Red Sea reflects

relatively little. To cover this range, we consider ocean, coastal plain and desert

surface albedos. The first two albedos are obtained from Solar village and KAUST

cases (see Sect. 2.4.1.1 and 2.4.1.2). The ocean surface albedo was parametrized

(see Sect. 2.2.4) with fixed values of the wind speed (w = 5 m s−1) and chlorophyll

concentration (chl = 0.15 mg m−3). Three different RIs of the coarse mode (B09,

B15, B27) are considered. Since fine mode is mostly represented by the clay particles

that contain more hematite compared to the coarse mode, we only consider one fixed

RI of the fine mode (B27). Numerical calculations are done with 10 minutes temporal

resolution. Meteorology and gas composition profiles are based on the Solar village

location on 9 August 2002.

Unlike the Solar village and KAUST case studies, in this section we conduct

sensitivity analysis to model parameters rather than considering a specific time period.
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Figure 2.8: SW (top panel) and LW (bottom panel) perturbed experiment (P,
black) and satellite inferred (GERB, red and CERES, blue) TOA upwelling fluxes
at KAUST. Cloudy area percent coverage derived from CERES product (top panel,
green) is plotted against right vertical axis.

Figure 2.9: SW (top panel) and LW (bottom panel) TOA DRF at KAUST derived
from model (RRTM, blue) and satellite retrieval (GERB, red).
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Figure 2.10: Fine (blue) and coarse (red) mode AOD (left panel) at 674 nm, modal
radius ri (middle panel) and standard deviation σi (right panel) derived from Aeronet
Inversion Level 2.0 product over the Arabian Peninsula. Thick lines indicate fitted
values of the fine (black) and coarse (green) mode used in sensitivity calculations.

Size distribution statistics are derived from Aeronet Level 2.0 inversion product as

a function of total column AOD over the Arabian Peninsula (Fig. 2.10). For fair-

weather conditions, fine and coarse modes AOD are comparable to each other. For

more severe events, coarse mode AOD contribution dominates and scales as 5 to 1

relative to the fine mode. In terms of microphysical properties, scaling of the coarse

mode AOD is accompanied by the shift towards larger radii and narrowing of the size

distribution. Fine mode size distribution scaling is characterized by growth of their

standart deviation σ. The same analysis for northern Africa shows similar scaling

patterns of the aerosol size distribution and AOD.

Obtained statistics were fitted as a function of total column AOD covering the

range from 0 to 3 as shown in Fig. 2.10. These scaling regimes were used in Eq. (2.1)

to build the aerosol size distribution and calculate optical properties of dust aerosol.

In order to estimate the diurnal cycle of AOD we use AOD statistics derived from

Aeronet AOT Level 2.0 product. Figure 2.11 shows the diurnal cycle of the AOD

probability density function (pdf) at KAUST and Solar village. For each station, the
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Figure 2.11: AOD at 674 nm pdf diurnal cycle derived from Aeronet AOT level 2.0
product at KAUST (left panel) and Solar village (right panel). Data span is 2012-
2014 at KAUST and 1999-2013 at Solar Village. Both locations are in the +3 hours
time zone.

pdf was computed by collecting AOD observations into AOD bins with 0.05 stepping

at 30 minutes intervals, which then were normalized so that the integral of the pdf

from zero to positive infinity is equal to 1 in a particular time slot. Figure 2.11

shows that AOD diurnal cycle at both locations is rather uniform with relatively

weak tendency for higher AOD values in the morning and late afternoon. Banks

et al. (2014) also reported low variability of the daytime cycle in mean SEVIRI and

Aeronet AOD over the Bordj Badji Mokhtar site in the central Sahara.

We discuss below the sensitivity of the TOA SW DRF diurnal cycle computed for

different RIs, surface albedos, and AODs. In Fig. 2.12 the simulated TOA forcing for

the ocean case (top row) exhibits a relatively simple pattern with time of day, with

maximal values of about -200Wm−2 seen from 10 to 14 hours. The magnitude of this

forcing gets weaker with enhanced aerosol absorption (left to right). As the surface

gets more reflective (top to bottom), the forcing is weakened and goes from being

relatively flat during local noon to exhibiting a symmetrical weakening around local

noon. The contrast between peak forcing and this localised reductions (min-max-min

structure, MMM) becomes more exacerbated with increased aerosol absorption and
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Figure 2.12: SW TOA DRF over ocean, coastal plain and desert surface albedo (top to
bottom) for B09, B15 and B27 refractive indices (left to right) as a function of column
AOD and local daytime (hours). Mean local daytime values (red) are projected on
the DRF-AOD plane.

surface albedo, such that the maximum difference in forcing between morning/evening

and local noon is seen for the most absorbing aerosol over the desert surface (bottom

right panel). These results are consistent with those derived observationally by Ansell

et al. (2014) and Banks et al. (2014) over northern Africa, where the sign of the

forcing switches from negative to positive and then again to negative through the

course of the day, indicating a SW cooling-heating-cooling of the Earth-atmosphere

system. Additionally, Fig. 2.12 shows that daily mean TOA DRF is not a linear

function of the total AOD (red line) and efficiency (∆FTOA

τ
) of the daily mean forcing

as a function total AOD declines faster over more reflective surfaces and for more

absorbing aerosols.
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2.4.2.1 Process analysis

SW TOA DRF shown in Fig. 2.12 has nontrivial shape and strong diurnal cycle.

In order to qualitatively explain the mechanisms responsible for forming this shape

and understand the interplay of different factors, we consider a few special cases.

We assume now that the surface albedo do not change during the daytime. We use

the same experiment setups presented in Sect. 2.4.2 but manually override certain

parameters and assume that total column AOD is equal to 0.5. To demonstrate

dependence on the surface albedo we consider black surface (q = 0 for all wavelengths),

desert (measured during the B300 flight over Mauritania, Johnson and Osborne, 2011)

and white surface (q = 1 for all wavelengths) albedo. To demonstrate dependence on

aerosol absorption and anisotropic scattering we consider absorbing (ω = ω∗, same as

in Sect. 2.4.2) and non-absorbing (ω = 1 for all wavelengths) dust, isotropic (g = 0

for all wavelengths, where g is a asymmetry parameter) and anisotropic (g = g∗, same

as in Sect. 2.4.2) scattering by aerosol (see Fig. 2.13). This approach allows us to

extract the impact of each parameter on the DRF diurnal cycle. Let us consider first

black body surface albedo and non-absorbing dust (black curves in two left columns

in Fig. 2.13). In this case surface does not reflect and TOA upward flux is only due to

reflected radiation by the dust layer (F reflected
dust ) and atmospheric Rayleigh scattering.

Neglecting small changes in the atmospheric absorption, TOA DRF is almost equal

to BOA DRF. F reflected
dust does not depend on surface albedo. However, it does depend

on the aerosol scattering phase function. Due to dust anisotropic scattering, TOA,

and thus BOA DRF in this case, have diurnal variation with MMM structure shown

in the second column of Fig. 2.13. On the other hand, in the isotropic case (g = 0)

both TOA and BOA DRF follow a simple diurnal cycle with one minimum at noon

(left column in Fig. 2.13).

For the white body surface albedo case (blue curves), ∆FBOA is equal to zero.

∆FA equals ∆F TOA and both are small. Due to smaller surface reflected flux, for any
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intermediate albedo case (including the real-case desert albedo, red curves) ∆F TOA is

bounded by the black and white body albedo cases and the diurnal variation persists.

In all cases ∆FA is small. To conclude the discussion of the non-absorbing aerosol

case, we emphasize that both TOA and BOA DRF are strictly non-positive (if we

neglect the small changes in atmospheric absorption) over any surface and MMM

structures are due to anisotropic scattering by dust.

If we turn on the aerosol absorption (right two columns in Fig. 2.13) for the

black surface albedo, F reflected
dust is slightly reduced compared to the non-absorbing

aerosol case, since part of the photons are absorbed instead of being scattered. While

TOA DRF remains almost the same and surface reflected flux is absent, there is an

additional significant component ∆FA, which causes stronger cooling of the surface.

For positive values of g (including physical range of 0.5-0.7) forward scattering prevails

and thus BOA is more sensitive to absorption than TOA DRF. This also implies that

MMM structures tend to persist for TOA and flatten for BOA DRF (right column).

For the white body albedo case, since the ∆FBOA is zero, ∆F TOA is equal ∆FA,

where both quantities are strictly non-negative. Similar to the non-absorbing aerosol

case, for any intermediate surface albedo TOA DRF is bounded by the black and

white surface albedo cases. Nevertheless, unlike the non-absorbing aerosol case, the

upper bound is positive, which may lead to sign changes during the diurnal cycle. To

conclude the discussion of the absorbing dust case, we emphasize that:

1. Anisotropic scattering by dust significantly contributes to the diurnal cycle of

the TOA and BOA DRF and explains the MMM structure.

2. Higher surface albedo modulates ∆F TOA, ∆FBOA, and ∆FA and shifts them

towards the positive bound.

3. Stronger absorption by dust significantly contributes to the diurnal cycle of

the ∆FA. It also shifts ∆F TOA and ∆FA towards the positive bound but has
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Figure 2.13: Special cases of the SW DRF diurnal cycle for the black surface (black),
desert (red) and white surface (blue) surface albedos. ∆F TOA, ∆FA and ∆FBOA

(from top to bottom rows) are computed for the non-absorbing and absorbing (first
two and last two columns respectively) and for the isotropic and anisotropic (first,
third and second, fourth columns respectively) aerosol cases. Spectrally gray override
values are provided in the titles, where g∗ and ω∗ indicate that actual spectral values
were used. Total column AOD at 674 nm is 0.5.

opposite effect on ∆FBOA.

2.4.2.2 Effect of the surface albedo

In the previous section we considered SW DRF dependence on the parameters that

do not have a diurnal cycle. In this section we quantify the effect of the albedo diurnal

cycle on the SW TOA DRF. Airplane observations of the albedo usually are done at

nadir. So, we define the reference albedo for the solar zenith angle at local noon, i.e.

qfixed(r) = q(θnoon, r) (2.14)

The difference δF of the forcings calculated with the varying albedo q and the
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fixed albedo qfixed is a function of the solar zenith angle, optical depth and albedo:

δF = ∆F (θ, τ, q(θ, r))−∆F (θ, τ, q(θ = θnoon, r)) (2.15)

both at BOA and TOA. Figure 2.14 shows corresponding broadband albedo diurnal

cycles at the desert, coastal plain, and ocean obtained from our numerical experi-

ments. Albedo in Fig. 2.14 is averaged over the range of optical depths (from 0 to 3)

for a given refractive index (B15). During the local solar noon q and qfixed coincide

exactly (by construction), but they deviate as the solar zenith angle grows. Changes

in the qfixed are solely due to variations of diffuse-to-direct flux ratio r. Figure 2.15

shows corresponding contribution to the SW TOA DRF associated with diurnal cycle

of q compared to qfixed. Since surfaces tend to be more reflective with increasing

solar zenith angle, δF is positive and causes a warming effect. The strongest effect is

reached during the morning and evening hours and thus albedo diurnal cycle decreases

the diurnal variability of the SW TOA DRF. The effect quickly saturates when AOD

reaches 1. It is strongest over the ocean (up to 29 W m−2), weakening over desert

(up to 24 W m−2) and is smallest for the coastal plain (up to 11 W m−2).

2.4.3 Daily DRF sensitivity

In this section we focus on the daily mean dust DRF, discuss the contribution of the

SW, LW and NET (SW plus LW) effects and their sensitivity to the surface albedo,

and aerosol absorption efficiency. Similarly to Sect. 2.4.2.1, in calculations we use

0.5 as a reference column AOD at 674 nm. Figure 2.16 shows daily mean ∆F TOA,

∆FBOA and ∆FA for B09, B15 and B27 RI and for the ocean, coastal plain and desert

surface albedos. In this figure surface albedo grows from left to right columns and

inside each column aerosol absorption also grows from left to right. For all RIs and

surface albedos dust causes the SW cooling of the atmospheric column (negative TOA

DRF ) and of the surface (negative BOA DRF) and increases atmospheric absorption
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Figure 2.14: Broadband SW albedo for desert (blue), coastal plain (red) and ocean
(black) with diurnal cycle (lines with stars) and fixed solar zenith angle (circles)
averaged over the range of considered optical depths.

Figure 2.15: Contribution δF of the albedo diurnal cycle to the TOA SW DRF
over ocean, coastal plain and desert (left to right) assuming B15 refractive index as
a function of column AOD and local daytime (hours). Mean local daytime values
(blue) are projected on the DRF-AOD plane.
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Figure 2.16: Daily mean dust DRF for B09, B15 and B27 RI (indicated by the
vertical dash line in each column) and ocean, coastal plain and desert (left to right)
surface albedo over the Arabian Peninsula. Each bar represents three diagnostic
variables: ∆F TOA,∆FBOA and ∆FA. Hatching indicates the ∆FBOA edge and thus
the opposite edge is ∆F TOA. The height of the bar corresponds to the absolute value
of the atmospheric absorption due to dust or

∣∣∆FA
∣∣ and color indicates the sign of

the ∆FA (blue for negative or cooling, red for positive or warming). LW, SW values
and their sum are shown in the top, bottom and the middle rows respectively. Total
column AOD used in calculations is 0.5 at 674 nm.

(positive ∆FA). In LW the sign of the forcings is opposite. In LW aerosol warms

both the surface and the entire atmospheric column, but cools the atmosphere itself.

Reduced variability of the LW DRF compared to SW DRF is a consequence of much

smaller changes of the aerosol absorption and surface albedo or emissivity in LW than

in SW. At BOA the LW forcing is weaker than SW forcing. At TOA SW cooling

dominates LW warming of the atmospheric column and for the strongly absorbing B27

case over the desert the NET forcing is weakening to almost zero. NET atmospheric

absorption changes the sign between B15 and B27 refractive indices from negative to

positive. Figure 2.16 also shows that SW BOA DRF is more sensitive to increasing

absorption by dust than SW TOA DRF, as was discussed in Sect. 2.4.2.1.
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2.5 Conclusions

A column radiation transfer model was used to investigate dust instantaneous direct

radiative forcing over the Arabian Peninsula for a range of optical depths covering

fair-weather and dust storm conditions. According to the CALIPSO product, dust is

a dominant aerosol in this area. We calculated the forcing of the dust aerosol over

ocean, coastal plain and desert surfaces accounting for non-sphericity of dust aerosol

and using a range of plausible refractive indices suggested by Balkanski et al. (2007)

and were able to achieve good agreement of the surface and TOA fluxes with in-situ

measurements and satellite retrievals. Available measurements of surface reflected

SW radiation were used to estimate the broadband surface albedo and test computed

surface upwelling fluxes based on the MODIS BRDF products. Even though MODIS

product and in-situ measurements are attributed to different spatial scales, analysis

showed that in simulations surface albedo diurnal cycle was well captured both quan-

titatively and qualitatively. Our calculations for Solar village fair-weather conditions

revealed a strong diurnal cycle of TOA DRF. Dust aerosol cools the entire column

in SW throughout the diurnal cycle. However, during the local solar noon the forc-

ing weakens. The daily mean SW DRF for the considered realistic range of aerosol

parameters and surface albedos remains negative. A similar result was reported by

Osborne et al. (2011) for the comparable AOD during June 2007 over land areas

between Mauritania and Niger. The KAUST campus case during the dust storm

conditions is characterized by a stronger cooling of atmospheric column due to lower

surface albedo. Distinct diurnal cycle of the TOA DRFs is also present.

Compiling aerosol statistics using Aeronet data, we found similar scaling patterns

between the Arabian Peninsula and North Africa. In particular, coarse and fine mode

AODs at 674 nm on average scale as 5 to 1. Thus, similar to the measurements in

Sahara during the ACE-2 campaign 1997 of Otto et al. (2007), coarse mode has a

prevailing contribution to the total optical properties of the dust aerosol over the
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Arabian Peninsula. We found that SW TOA DRF, as a function of the solar zenith

angle, has three distinctive extrema structures. The forcing remains strictly negative

over the ocean surface for the entire day. The diurnal variations are more prominent

over the more reflective surfaces and, for the strongly absorbing B27 case, dust aerosol

forcing weakens to almost zero over the desert during the local solar noon.

We found that for a typical conditions over the Arabian Peninsula the relative dif-

ference in daily mean SW fluxes is about 0.5-1.5% in experiments where dust aerosol

is treated as a mixture of randomly oriented spheroids and as a mixture of spheres.

Process analysis for black and white surface albedo, non-absorbing dust, and isotropic

scattering revealed that dust anisotropic scattering controls the diurnal variability of

the SW BOA and TOA DRF. This emphasizes the importance of the assumptions

about particle shape and thus the phase function to correctly capture the maximum

and minimum of the SW TOA DRF diurnal cycle. Due to prevailing forward scatter-

ing by dust aerosol, BOA DRF is more sensitive to changes in single scattering albedo

or absorption by dust, than TOA DRF. This also implies that diurnal variations of

the TOA DRF are less sensitive to changes in atmospheric absorption by dust than

BOA DRF.

Daily mean dust DRF over the Arabian Peninsula for a 0.5 AOD at 674 nm showed

that in all considered cases dust causes cooling of the atmospheric column, while over

the desert surface albedo and B27 refractive index case the forcing is almost zero. For

all considered surface albedo types, net atmospheric absorption due to dust changes

the sign between B15 and B27 refractive indices.

Several sources of the dust forcing uncertainty are currently known, which include

refractive index, number size distribution and surface albedo. The treatment of the

surface albedo is often oversimplified and albedo itself is assumed to be fixed. We

found that intrinsic variability of the surface albedo and its dependence on the atmo-

spheric conditions are important factors to be taken into account, especially for the
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desert surfaces, where daily mean TOA DRF is close to zero.

The main results could be formulated as follows:

• Dust is a major aerosol over the Arabian Peninsula and its coarse mode mostly

contributes to the total column AOD compared to fine mode.

• The developed model allows to carry out relatively accurate radiation closure.

• The calculated fluxes are in a good agreement with best available observations.

• Dust DRF is estimated and compares well to the independently derived satellite

values.

• Dust TOA DRF has strong diurnal cycle over desert, but three extrema struc-

tures are present over any surface.

• Anisotropic scattering by dust significantly contributes to the diurnal cycle of

the SW TOA and BOA DRF.

• Diurnal intrinsic variability of the surface albedo has a strong impact on the

dust DRF diurnal cycle.
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Chapter 3

Regional effects of the Mount Pinatubo eruption on the

Middle East and the Red Sea

3.1 Introduction

Large equatorial volcanic eruptions can significantly perturb the Earth’s climate

(Robock , 2000; Stenchikov , 2016; Timmreck , 2012). These perturbations can be sepa-

rated from the internal variability of the system and thus provide a natural experiment

to assess climate mechanisms. The Pinatubo eruption in 1991 was the strongest in

the twentieth century and the best observed recent eruption. It has been widely used

to study the processes affecting the climate on a global scale (Merlis et al., 2014;

Stenchikov et al., 2009, 2006, 2002; Boer et al., 2007).

Here, we use the Pinatubo eruption to study regional climate sensitivity. The

climate in the MENA is especially complex. It is influenced by several major climate

drivers. The Arctic Oscillation (AO) and Indian Summer Monsoon (ISM) appear

to produce the strongest regional climate responses in winter and summer, respec-

tively (Abualnaja et al., 2015; Dogar et al., 2017). The El Nino Southern Oscillation

(ENSO) modulates MENA’s climate during both seasons (Raitsos et al., 2015). Both

ENSO and AO are sensitive to volcanic forcing (Brad Adams et al., 2003; McGregor

et al., 2010; Robock , 2000; Ohba et al., 2013; Stevenson et al., 2017; Maher et al.,

2015; Driscoll et al., 2012; Stenchikov et al., 2004) and thus amplify the nonlinearity

of the response. For example, Predybaylo et al. (2017) modelled statistically signifi-

cant El Nino responses in a year after a Pinatubo-sized eruption and demonstrated
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dependence on the eruption season and initial ENSO phase. Stenchikov et al. (2006)

and Robock and Mao (1992) studied high-latitude winter warming after strong equa-

torial volcanic eruptions and associated the warming with the anomalously positive

phase of AO. The severe winter cooling in the Middle East observed after the Mount

Pinatubo eruption in 1991 was, at least partially, caused by the positive phase of AO.

Although this effect was recognized (Robock and Mao, 1995; Thompson and Wallace,

1998), it was not thoroughly investigated. The impact on Pinatubo’s eruption on the

Middle East was profound. Snowfall was recorded in Israel during 1991-1992 winter.

Observed Red Sea SST decreased more than 1 K, which was three times the glob-

ally averaged value (Stenchikov et al., 2009; Ding et al., 2014). This cooling induced

unusually deep water mixing in the Red Sea, which brought nutrients to the surface

waters and caused large algal bloom, which in turn shaded the corals and caused

extensive coral bleaching in the Gulf of Aqaba (Genin et al., 1995).

The Red Sea is a relatively young sea that formed as a result of the drifting of the

African and Arabian tectonic plates (Swartz and Arden, 1960), a process that was

initiated approximately 45 millions years ago (Gass , 1977). The Red Sea has a very

steep bathymetry. Its depth varies from the extensive shallow shelves that are 10 m

deep to a maximum depth of 2200 m in the central trench. The Red Sea is actively

widening. Due to tectonic activity, the bottom waters are heated by geothermal flux

from the seafloor on the order of 100 mW m−2 (Cember , 1988). Thermal brines were

found at the bottom of the Central Red Sea and were first sampled by Charnock

(1964); Swallow and Crease (1965) and photographed by Monin et al. (1981). These

hot, highly saline water pools received a lot of attention since then and currently

approximately 25 brine pools have been identified (Antunes et al., 2011).

The Red Sea is an important source of water vapor for the entire region (Zolina

et al., 2017). Due to strong evaporation, little precipitation and no river runoff, the

Red Sea’s waters are among the most saline in the world. Previous evaporation rate
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estimates range from 1.75 to 3.5 m year−1 and are summarized by Sofianos et al.

(2002). Although the Red Sea is recognized as a concentration basin (where the

evaporation is higher than the precipitation), previous heat budget estimates range

from heat loss to the atmosphere (-22 W m−2) to heat gain (83 W m−2). Recent

estimates (-11 ± 5 W m−2 and 2.06 ± 0.22 m year−1) by Sofianos et al. (2002)

are based on direct observations at the Bab-el-Mandeb strait and indicate overall

energy loss through the ocean-atmosphere interface. However, these measurements

were conducted during the relatively short period (between June 1995 and November

1996) after the Pinatubo eruption in 1991, which caused short-term surface cooling

followed by the abrupt warming of the Red Sea initiated after 1994 (Raitsos et al.,

2011). Although it is accurate, this heat budget estimate might reflect the particular

conditions at the time of the observations.

The Red Sea’s freshwater deficit and energy imbalance are compensated by the

water exchange through the strait of Bab-el-Mandeb. This exchange follows a seasonal

cycle and is characterized by two- and three- layer water flows in winter and summer,

respectively (Sofianos et al., 2002; Sofianos and Johns , 2007). Inflow through the

strait advects nutrients to the oligotrophic Red Sea (Raitsos et al., 2015; Almahasheer

et al., 2016). Dust deposition also supplies nutrients to the Red Sea (Jish Prakash

et al., 2015; Kalenderski et al., 2013; Anisimov et al., 2017), although deposition

rates and the chemical composition of the dust remain uncertain. Highly saline Red

Sea Outflow Water (RSOW, the lower layer of water exchange at the Bab-el-Mandeb

strait), formed as part of the top overturning cell (Sofianos and Johns , 2003; Zhai

et al., 2015), spreads into the Indian Ocean, where it is a dominant source of the

salt budget of intermediate layers (Beal et al., 2000). Beal et al. (2000) argued that

RSOW has strong implications on global thermohaline circulation, since RSOW is

transported further along the African coast via the Agulhas Current to high southern

latitudes. Cold and saline waters develop in the Gulf of Aqaba and Suez as well as
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in the extreme open northern Red Sea. They contribute to the deep water formation

in the Red Sea and enforce the deep overturning circulation (Papadopoulos et al.,

2015; Sofianos and Johns , 2015; Cember , 1988). Although sources of this deep water

formation are well known, the rate and their relative contribution are still largely

uncertain.

Climate in the Middle East region remains largely understudied. In this work,

we examine the response of the Middle East climate to the Pinatubo eruption and

its impact on the Red Sea to increase understanding of regional climate variability

mechanisms and trends. The Middle East is a climatic hotspot and is very sensitive

to radiative forcings of different origins, partly because surface energy balance in the

arid regions is restored mostly by thermal radiation, i.e., by the surface temperature

response. However, similar to the post-eruption high-latitude winter warming due

to an anomously positive AO phase, forced circulation changes in the Middle East

could play an important role. According to conventional wisdom, global models are

necessary to study the impact of volcanoes on climate because of the large-scale

nature of the forcing. However, global models are not able to completely capture the

dynamical responses, e.g., positive AO and high-latitude winter warming, following

an eruption (Driscoll et al., 2012; Stenchikov et al., 2006). Additionally, for the

Middle East - Red Sea region a coupled ocean-atmosphere approach is required due

to strong perturbations observed after the Pinatubo eruption both in the atmosphere

and in the ocean. We, therefore, employ a coupled ocean-atmosphere regional model,

which has higher spatial resolution than global models and is able to capture the

regional response better. In the regional setting, the ’observed’ large-scale circulation

from atmospheric reanalysis is imposed by boundary conditions. This allows the

regional circulation in the Middle East to be correctly simulated when it is forced by

a positive AO in the winters of 1991/92 and 1992/93. To properly account for the

radiative effects of volcanic aerosols, we prescribe aerosol optical properties following
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the approach by Stenchikov et al. (2006). This novel approach and modeling setup

allow us to quantify and separate the total cooling into radiative and dynamical

components. Moreover, our goals were to:

• simulate the atmospheric response in MENA to quantify the contributions of

regional circulation/dynamics and direct radiative cooling by volcanic aerosols

to the total climate response caused by the 1991 Pinatubo eruption;

• simulate the thermal and circulation responses in the Red Sea to identify sen-

sitivities to external forcing and leading mechanisms;

• assess the impact of explosive volcanism on variability in the Red Sea on the

seasonal and decadal time scales

The remainder of this paper is organized as follows. The models, aerosol implemen-

tation and experimental design are described in Section 3.2. Simulated Red Sea state

is compared with available observations in Section 3.3, followed by an analysis of the

response in atmosphere and Red Sea, impact on deep water formation and overturn-

ing circulation. Perturbations of the energy balance in the Red Sea are discussed in

Section 3.3.4. Long-term SST variability in the Red Sea is discussed in Section 3.4.

A discussion and a conclusions are offered in Section 3.5.

3.2 Model

The coupled model used in this study comprises the Weather Research and Fore-

casting (WRF) model (Skamarock et al., 2008) as the atmospheric component and

the Regional Ocean Modeling System (ROMS) (Shchepetkin and McWilliams , 2005,

2009) as the oceanic component. These models are coupled using Model Coupling

Toolkit (MCT) as implemented in the Coupled Ocean-Atmosphere-Wave-Sediment

Transport (COAWST) framework (Warner et al., 2010).
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As shown in Figure 3.1, WRF’s parent domain is chosen to cover MENA with

30-km resolution. A two-way interaction nested domain over the Red Sea with 10-

km resolution is added to downscale the 30-km fields to improve air-sea interaction

calculations and to smooth out the transition from a relatively coarse atmospheric

grid to a finer spatial resolution oceanic grid. The ROMS domain covers the Red Sea

and the western part of the Gulf of Aden and has 2-km resolution. The ocean and

atmosphere coupling interval is 30 minutes. Technical details and model settings are

provided in the Appendix B.

ROMS is formulated in general horizontal curvilinear coordinates ξ and η. For

computational efficiency, the oceanic grid is rotated by 30 degrees (the rotation angle

is defined as a counterclockwise angle between the ξ-axis and true east), resulting in

ξ and η axes across and parallel to the Red Sea axis, respectively.

30°W 0° 30°E 60°E

0°

10°N

20°N

30°N

40°N

Figure 3.1: Modeling domain and setup. The outer and inner boxes correspond to
the atmospheric parent and nested domains, respectively. Purple shading over the
Red Sea corresponds to the oceanic grid.

Initial and boundary conditions for the atmospheric model were taken from the

European Centre for Medium-Range Weather Forecasts (ECMWF) ERA-Interim,

and for the ocean model from the Ocean ReAnalysis Pilot 5 (ORAP5) (Zuo et al.,

2015) reanalysis, respectively. SST in the WRF domains (but outside the ROMS
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domain) was prescribed from ERA-Interim and updated every 6 hours. According

to Papadopoulos et al. (2015) and Zhai et al. (2015) the potential temperature and

salinity of the deep waters in the Red Sea are largely steady. Due to ORAP5 coarse

bathymetry and biases in deep waters, we interpolated the oceanic initial conditions in

the deep Red Sea (below 400 m and north of Bab-el-Mandeb strait) from the World

Ocean Atlas (WOA) annual climatological profile ((Locarnini et al., 2013; Zweng

et al., 2013)), assuming zero velocities at the same locations. We interpolated the

oceanic bathymetry onto the model grid from the ETOPO1 1 arc-minute data set

(Amante and Eakins (2009)).

3.2.1 Aerosol implementation

Radiative transfer calculations in WRF are conducted using Rapid Radiative Transfer

Model for General Circulation Models (RRTMG) in both shortwave (SW) and long-

wave (LW) ranges (Mlawer et al., 1997; Mlawer and Clough, 1997). To account for

radiative effects of the sulfate aerosol formed in the stratosphere after the Pinatubo

eruption, we implemented the precalculated volcanic aerosol optical properties in the

WRF model following the approach described by Stenchikov et al. (1998, 2006). We

computed these spectral optical properties offline using the Mie solution and Sato’s

optical depth (Sato et al., 1993). Solar near-IR and LW volcanic aerosol absorption

causes heating of the stratosphere, perturbs the general circulation and strengthens

the polar vortex (Graft et al., 1993; Robock and Mao, 1992, 1995). The direct LW

radiative effect of aerosols on the troposphere and surface energy balance is negligi-

bly small (Stenchikov et al., 1998). Therefore, in this study, we account only for SW

effects of volcanic aerosols, since atmospheric boundary conditions impose large-scale

circulation in the regional setup.

SW optical properties are introduced into the code of the WRFmodel as additional

weekly input and are propagated into the radiation driver. We computed the spectral



66

optical properties (optical depth, single scattering albedo and asymmetry parameter)

of aerosols for the RRTMG SW and LW wavelength bands. Experiments with and

without prescribed aerosol optical properties are referred to as perturbed (P) and

control (C), respectively.

3.2.2 Experimental setup

To spin up the ocean, we integrated the coupled model during the volcanic quiescent

period from 1996 to 2013 using initial and boundary conditions from reanalysis as

described previously. We integrated the perturbed (P) and control (C) experiments

from 1986 to 2013. We initialized the ocean model using a spinup run restart file

from January 1, 2013, while we initialized the atmospheric model from January 1,

1986 using ERA-Interim reanalysis.

We configured the ROMS model to save daily averaged output, which is calcu-

lated from the integration of the instantaneous fields during each model time step.

Accurate time averaging facilitates analysis and improves diagnostics of the Red Sea

energy balance. A similar approach is applied to radiative fluxes output from the

WRF model, while the rest of the WRF variables were saved every three hours as

instantaneous fields.

3.3 Results

To the best of our knowledge, this is the first high-resolution coupled ocean atmo-

sphere simulation of the Red Sea that spans several decades to reproduce the regional

climate. Coupled ocean-atmosphere models have more degrees of freedom compared

with standalone atmosphere or ocean models and thus they are physically more re-

sponsive and require more care to obtain a realistic climate. Thus, we first discuss

the simulated Red Sea climatological state (defined as the average climate over the

1986-1991 period prior to the Pinatubo eruption) and compare it with available ob-
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servations. We used Advanced Very High Resolution Radiometer (AVHRR) -only

Optimum Interpolation SST (OISST) (Reynolds et al., 2007) to validate simulated

SST. This dataset is bias adjusted to mitigate the influence of volcanic aerosols on in-

frared satellite temperatures (Reynolds , 1993). WOA climatology is used to compare

salinity and temperature profiles. Figure 3.2 shows the spatial distribution of the

modeled and observed climatological SST and sea surface salinity (SSS). The model

is able to properly capture south-to-north SST and salinity gradients. Cold salty

waters in the Gulf of Aqaba and warm waters in the extensive shallow region around

Farasan islands in the southern Red Sea are also well reproduced. Simulated SST

has a positive bias, especially in the southern region. This bias is largely due to the

strong radiative cooling by dust aerosols (Brindley et al., 2015; Osipov et al., 2015),

which is not accounted for in this study. Simulated SSS also agrees reasonably well

with WOA climatology, although the model predicts higher salinity in the northern

Red Sea (absolute and relative differences are less than 0.75 and 2%, respectively).

Figure 3.3 shows the vertical profiles of the temperature and salinity along the Red

Sea axis. Simulated profiles are sampled along the cross section shown in Figure 3.2,

while WOA profiles are zonally averaged because of the scarcity of observations and

because most of the WOA observations are taken along the Red Sea axis. The top

panel shows that the temperature below 200 m is rather uniform and varies between

21.5 and 22 ◦C. Similarly, salinity in the deep ocean is fairly constant and varies

between 40.5 and 40.7. The south-to-north salinity gradient in the upper ocean is

reproduced by the model, although the simulated salinity is higher than that observed

in the northern Red Sea and in the deep ocean.

The Red Sea is a typical concentration basin with inverse estuarine type circulation

at the strait of Bab-el-Mandeb, which connects the Red Sea with the Indian Ocean.

Simulated fresh water and heat budgets (ROMS, P) are 2.08 m year−1 and -3.75

W m−2, respectively. The fresh water budget falls in and the heat budget is reasonably
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Figure 3.2: The top panels show simulated (ROMS, P) and observed (AVHRR) SST.
The bottom panels show simulated (ROMS, P) and observed (WOA) SSS. ROMS and
AVHRR diagnostics are averaged over the 1986-1991 time period. The thick black
line in the top left panel shows the location of the cross section.



69

15 20 25

0.0

0.2

0.4

0.6

0.8

1.0

1.2

De
pt
h,
 (m

)

1e3

21.8

21.8

21.9
22.0

23.0

24.0
ROMS temperature

15 20 25

0.0

0.2

0.4

0.6

0.8

1.0

1.2

1e3

21.6

21.6

21.7

21
.7

21.7

21
.7

21.8 21.9
22.0

23.024.0

WOA temperature

15 20 25
Latitude

0.0

0.2

0.4

0.6

0.8

1.0

1.2

De
pt
h,
 (m

)

1e3

39.75

40.00
40.25 40.5040.60

40.70

40.80

40
.9
0

40.90

41.00

ROMS salinity

15 20 25
Latitude

0.0

0.2

0.4

0.6

0.8

1.0

1.2

1e3

39.75

40.0040.25

40.50

40.60

40.60

40
.6
0

40.60

40.70

40.70

WOA salinity

21.5

21.7

21.9

23.0

25.0

27.0

29.0

C

37.0

37.5

38.0

38.5

39.0

39.5

40.0

40.5

40.7

40.9

Figure 3.3: The top panels show simulated (ROMS, P) and observed (WOA) temper-
ature profiles. The bottom panels show simulated (ROMS, P) and observed (WOA)
salinity profiles. ROMS diagnostics are averaged over the 1986-1991 time period and
sampled along the Red Sea axis shown in Figure 3.2. WOA profiles are averaged
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21.5-22 ◦C and 40.5-41, respectively, representative of deep Red Sea water.
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close to the range of uncertainty of estimates provided by Sofianos et al. (2002).

Overall, the oceanic model produces a realistic climate regime, that does not drift

significantly during the 17 years of the spinup calculations.

To evaluate the impact of Pinatubo on the Red Sea, we must ensure that at-

mospheric regional circulation and thermal perturbations are correctly represented

during the years following the Pinatubo eruption in June 1991. Thus, in the follow-

ing section, we first focus on the atmospheric summer and winter anomalies and then

discuss the Red Sea’s response.

3.3.1 Atmospheric response

Figure 3.4 shows the spatially averaged (over the parent WRF domain) prescribed

volcanic aerosol column optical depth (AOD) and the anomaly (perturbed minus

control) of the clear-sky SW net flux at the surface. Prior to the Pinatubo eruption,

AOD is at its background level. AOD peaks 5-6 months after the eruption, when most

of the SO2 has been converted to sulfate aerosols (Stenchikov et al., 1998). By 1996,

AOD values return to the background level. The Pinatubo signal can be clearly seen

in clear-sky SW flux anomaly, which peaks at about -5.5 W m−2 and is consistent

with results in previous studies, e.g., see Stenchikov et al. (1998).

Figure 3.5 shows the 1991/1992 and 1992/1993 winter (December/January/Febru-

ary, DJF) mean surface air temperature (SAT) anomalies. In this figure, anomalies

are computed in two ways. The top row shows the WRF (perturbed run, left panel)

and ERA-Interim (right panel) SAT anomalies computed with respect to the their

winter climatology. This diagnostic represents the total regional effect of the Pinatubo

global impact and accounts for both radiative cooling due to volcanic aerosols and

a dynamic effect due to changes in large-scale circulation in the atmosphere. Both

panels show severe winter cooling up to -2 ◦C. The spatial pattern and amplitude of

the simulated SAT anomalies compare well with the reanalysis SAT anomalies.
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Figure 3.4: The column optical depth of the volcanic aerosol at 0.53 µm and the
surface clear-sky SW net flux anomaly (P-C) spatially averaged over the WRF 30-km
domain. Optical depth is plotted in relation to the vertical axis on the right.

The bottom row separates the individual contributions of the radiative and the

dynamic effect to the total SAT anomaly. The dynamic effect (bottom left panel) is

represented by the SAT anomaly of the control run with respect to the climatology.

Since volcanic aerosols are absent from the control run, this anomaly is solely due

to large-scale circulation changes imposed through the boundary conditions. The ra-

diative cooling (bottom right panel) is derived from the SAT difference between the

perturbed and control runs because both runs are driven by the same boundary con-

ditions and thus by the same large scale circulation. The dynamic response (bottom

left panel) accounts for most of the total cooling and is well represented due to the

well defined ERA-Interim boundary conditions that allow the model to mimic the

effect of the ’observed’ large-scale circulation. Radiative cooling by volcanic aerosols

is spatially more uniform and is much smaller than the dynamically induced cooling,

except in the southern part of the domain, where the cloud effect dominates.

Figure 3.6 shows the same diagnostics as Figure 3.5 except for the 1991 and

1992 summer (June/July/August, JJA) composites. Similar to winter, the summer
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Figure 3.5: 1991-1992 and 1992-1993 winter mean surface air temperature anomalies.
The top row compares simulated (perturbed run, left panel) and observed (ERA-
Interim reanalysis, right panel) anomalies with respect to the 1987-1990 climatology.
The bottom raw illustrates individual contributing terms: dynamical cooling (control
run anomaly, left panel) and radiative cooling (difference between perturbed and
control runs, right panel).

SAT anomalies are mostly negative over MENA, but they are weaker in magnitude.

Positive SAT anomalies are seen along the northern border of the Inter Tropical

Convergence Zone (ITCZ) and are associated with the southward shift of the ITCZ.

This feature is most prominent in the bottom right panel of Figure 3.6. The southward

shift of the ITCZ leads to reduction in cloud cover and increased SW fluxes at the

surface and to a positive SAT anomaly. Similar to the winter season, the contribution

of the dynamics to the total simulated SAT anomaly prevails over the direct radiation

effect.

Overall, regional circulation in MENA in winter and summer is controlled by

different climate drivers. During winter seasons, NAO and ENSO are most important

and during summer seasons SAT variability is associated with the Indian Monsoon
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and the ITCZ. In-depth analysis of the factors governing the climate response to

volcanic forcing in MENA is provided in Dogar et al. (2017).

We focus on the Red Sea’s response to both radiative and atmospheric forcings,

which are well captured in the perturbed run. In the remainder of this chapter,

anomalies are computed with respect to the climatology (1986-1991 time period) and

are referred to as anomaly.
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Figure 3.6: Same as Figure 3.5 but for 1991 and 1992 summers.

3.3.2 Red Sea thermal response

Figure 3.7 shows Hovmoller diagrams of the observed (OISST, top panel, zonally

averaged) and simulated (ROMS, P, bottom panel, averaged across the Red Sea axis)

SST anomalies. The model captures the post-Pinatubo cooling that is especially

strong during the 1991-1992 winter, when the SST anomaly peaks at -1 ◦C. The

overall spatial distribution of the simulated and observed anomalies is in reasonable

agreement, although the simulated cooling is more pronounced.
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Figure 3.7: Hovmoller diagrams of the observed (AVHRR, top panel) and simulated
(ROMS, P, bottom panel) quarterly (3 months) SST anomalies.

The top panel in Figure 3.8 shows the time series of the ocean potential tempera-

ture (Θ) anomaly averaged in the water column above (Θ↑75 m) and below (Θ↓75 m) 75

m. Following the 1991-1992 winter event, Θ↑75 m and Θ↓75 m sharply drop by about

1.5 and 0.3 ◦C, respectively, within a few months. The quick response (as well as the

quick recovery in 2 years) of the upper ocean is expected as it is in direct contact with

the atmosphere and is driven by strong atmospheric forcing. That the deep ocean

quickly absorbs about half the total cooling (assuming the average depth of the Red

Sea is 500 m) is surprising. By contrast, the deep ocean heat uptake happens more

slowly in the global ocean where it takes 15 years for a cooling signal to penetrate

into the deep ocean (Stenchikov et al., 2009). The cooling of the deep Red Sea is

episodic and correlates with the increasing mixed layer depth (MLD) anomaly, espe-
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cially in winter 1991-1992 (bottom panel). Details on how we calculated MLD are

given in Appendix A. The Θ↓75 m anomaly in the simulation persists until the end

of the 21-year run. Sporadic perturbations of the deep ocean temperature can be

seen in "non-volcanic" years, e.g., 1989, 1997, 1999, 2010 and 2011. This indicates

that cooling of the deep waters in the Red Sea is caused predominantly not by slow

"diffusion-like" heat exchange between the upper and deep ocean layers, but by fast

convective mixing, which injects colder water masses into the deep ocean. The bottom

panel in Figure 3.8 shows that since 1994, the winter MLD is significantly suppressed,

given that the stratification of the water columns becomes more stable. The long time

series of the simulated Θ and MLD anomalies show that the 1991-1992 winter event

following the Pinatubo eruption is not unique although convective mixing caused by

the Pinatubo event was strong during the last 25 years. In general, deep seasonal

mixing is an important mechanism of deep ocean heat uptake in the Red Sea.

3.3.3 Deep water formation

The extreme north of the Red Sea as well as the Gulf of Aqaba and Suez are known

as the only source regions for formation of intermediate and deep waters (Cember

(1988); Sofianos and Johns (2015); Papadopoulos et al. (2015)). The top panel of

Figure 3.9 shows Hovmoller diagram of the modelled daily MLD climatology. A

strong increase in the convective mixing can be seen during February-April just off

the tip of the Sinai Peninsula, where MLD reaches 250 m. The magnitude and axial

distribution of the simulated MLD can be compared with previous studies. Yao et al.

(2014a) reported (figure 3) spatially average MLD values (north of 24◦N), which range

between 100 m and 200 m (individual years of 50 years simulation) with the mean

value reaching about 125 m in February. This large range of variability and smaller

climatological value compared to this study is mainly because of the different MLD

algorithm, which is based on the threshold temperature criteria of 0.2 ◦C. However,
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Figure 3.8: Spatially averaged over Red Sea upper (Θ↑75 m) and deep (Θ↓75 m)
ocean potential temperature (top panel) and MLD (bottom panel) weekly anoma-
lies (ROMS, P).

the axial distribution of the MLD reported by Yao et al. (2014a) (figure 19) is similar

to current study and shows sharp increase around 27◦N), where MLD reaches more

that 200 m (for February 1980).

The MLD climatology shows that the timing and spatial distribution of the at-

mospheric cooling (winter season, strongest in the northern Red Sea) discussed in

Sections 3.3.1 and 3.3.2 coincide with the time and location of the most intense Red

Sea deep water formation. The bottom panel in Figure 3.9 shows that, due to strong

surface buoyancy loss during the first winter after the Pinatubo eruption, maximum

MLD increases up to 450 m and the deep mixing area also extends spatially to the

south. Unusually deep mixing (more than 850 m) in the Gulf of Aqaba has been

reported by Genin et al. (1995).
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Figure 3.9: Hovmoller diagrams of the MLD (spatially averaged across the Red Sea
axis, ROMS, P) climatology (top panel) and anomaly (bottom panel). Red Sea land
mask contours are provided (left column) as a spatial reference for the Hovmoller
diagrams.

The top panel in Figure 3.10 shows the climatological (February and March) po-

tential temperature profiles along the Red Sea axis. The strong thermocline in the

southern Red Sea spreads up to 22◦N. Further north, the stratification weakens and

potential temperature variations in the water column are less than 0.5 ◦C. The bot-

tom panel of Figure 3.10 shows February-March 1992 ocean potential temperature

anomalies resulted from intense surface cooling and deep convective mixing of the

entire water column north of 24◦N. The ocean heat content anomaly in this latitude

band is mixed in the entire column. The temperature anomaly is therefore modest.

Between 18◦N and 22◦N the temperature anomaly peaks at -1.5 ◦C because the strati-

fication is stable enough to suppress deep convective mixing. The change in the ocean

heat content in this latitude band is confined to a shallow layer and the temperature
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anomaly is large in magnitude.
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Figure 3.10: Potential temperature cross sections along the Red Sea axis. The top
panel shows potential temperature climatology (1986-1991 February and March time
period, ROMS, P). The bottom panel shows the potential temperature anomaly (1992
February and March time period, ROMS, P). The top panel contour levels sampling is
increased in the 21.6-22.5 ◦C interval to visually enhance the weak vertical gradients.

Thus, the nonuniform spatial distribution of the SST anomaly along the Red Sea

axis is controlled by the nonlinear threshold mechanism associated with the vertical

stability of the water column. This implies that the magnitude of the negative SST

anomaly in the northern most Red Sea during the winter could not exceed 0.5-0.7

◦C, because the bottom waters are only 0.5-0.7 ◦C colder than SST and deep mixing

prevents an excessive temperature decrease.

Figure 3.11 shows the overturning circulation stream function, Ψ, along the Red

Sea axis averaged during the 1986-1991, 1992-1993, 1994-2013 time periods before

and after the Pinatubo eruption. The top panel shows the simulated circulation state

before the eruption. It is characterized by upper clockwise and lower counterclock-
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wise circulation cells with strengths of 0.45 and 0.3 Sv, respectively. This base state is

broadly consistent with that presented in Cember (1988); Sofianos and Johns (2015,

2003); Yao et al. (2014b,a); Sofianos and Johns (2003)). However, few studies have

reported the overturning circulation in the deep ocean (below 400 m). For example,

Sofianos and Johns (2003) provided mean Ψ on all six isopycnic model layers, al-

though Red Sea Deep Water (RSDW) is represented by a single layer spanning from

about 200 m to the bottom.

A combination of the week stratification during winter in the northern Red Sea

with strong buoyancy loss at the same location and season is expected to significantly

perturb the overturning circulation. The middle panel in Figure 3.11 shows intensi-

fication and much deeper proliferation of the upper overturning cell in the northern

Red Sea following the Pinatubo eruption, which is clearly seen in 1992 and 1993.

The magnitude of the positive Ψ anomaly at around 500 meters is comparable to the

strength of the climatological overturning circulation in the upper ocean. Since 1994,

the positive SST anomaly and reduced MLD during winter (shown in Figures 3.7 and

3.8) result in weakening and shallowing of the upper cell in the northern Red Sea and

a northward extension of the lower cell (bottom panel).

Figure 3.11 depicts a strong variability in the volume spanned by the overturning

circulation cells before and after the Pinatubo eruption. This variability obscures

an exact comparison of the residence times, τ , with the estimates from the previous

studies. However, a comparison at the order of magnitude level is still possible. We

define the residence time, τ , for a given overturning cell as follows:

τ =
Vcell
|Ψ|

, (3.1)

where Vcell is the volume occupied by the overturning cell and |Ψ| is the absolute

characteristic value of the stream function, representative for the cell. For the post-

Pinatubo period (1994-2013), assuming |Ψ| is 0.3, the upper (positive) overturning
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cell τ is 9.8 years. Based on sulfur hexafluoride (SF6) measurements, Zhai et al.

(2015) estimated a RSOW mean residence time of 4.7 years. For the deep (negative)

overturning cell spanning the rest of the Red Sea volume, |Ψ| is 0.25 and τ = 18.9

years. Based on Carbon-14 measurements, Cember (1988) estimated the deep water

residence time to be about 36 years.

3.3.4 Ocean heat content

The thermal energy balance for the entire Red Sea basin can be written in the fol-

lowing form:

dÊ

dt
= F̂HB + F̂BM , (3.2)

where

Ê =
1

S

∫∫∫
V

E dV

F̂HB =
1

S

∫∫
S

FHB dS

F̂BM =
1

S

∫∫
A

FBM dA

where E is the heat content of sea water; S is the Red Sea surface area; V is the

Red Sea volume; F̂BM is the heat flux integrated across the Bab-el-Mandeb strait;

and A is the Bab-el-Mandeb cross section. The heat budget, F̂HB, can be written in

the following form:

F̂HB = F̂SW + F̂LW + F̂LH + F̂SH , (3.3)

where
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Figure 3.11: Overturning circulation, Ψ, (ROMS, P) along the Red Sea axis in Sv
averaged over different periods of time. Top, middle and bottom panels show 1986-
1991 (prior to the Pinatubo eruption), 1992-1993 (immediately after the Pinatubo
eruption) and 1994-2013 (post-Pinatubo eruption) time periods, respectively.
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F̂SW =
1

S

∫∫
S

FSW dS

F̂LW =
1

S

∫∫
S

FLW dS

F̂LH =
1

S

∫∫
S

FLH dS

F̂SH =
1

S

∫∫
S

FSH dS.

Here, FSW (shortwave), FLW (longwave), FLH (latent), FSH (sensible) are net (down-

ward minus upward) fluxes at the ocean-atmosphere interface. The net fluxes sign

convention follows the ROMS model. A positive value thus means heating of the

ocean. For diagnostic purposes, the total basin’s heat content, Ê, can also be split

between upper (above 75 m) and deep (below 75 m) ocean:

Ê = Ê↑75 m + Ê↓75 m. (3.4)

Equation 3.2 states that changes in E can be split into two components: fluxes

at the ocean-atmosphere interface and advection through the strait. Figure 3.12

shows anomalies in the individual energy balance terms. Overall, F̂HB variations are

absorbed by changes in the heat content, dÊ/dt, and variations in the energy exchange

at the strait, F̂BM , are less pronounced. The 1991-1992 winter is characterized by

a strong loss of energy by the ocean. A negative F̂HB flux anomaly is continuously

present for six months and peaks at -80W m2. Increases in evaporation and turbulent

heat flux explain about 75% of the energy loss. According to Figure 3.12, the dÊ/dt

anomaly is almost equally split between upper and deep ocean heat uptake.
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Figure 3.12: Monthly energy balance component (defined in equations 3.3 and 3.2)
anomalies.

3.4 Long-term SST variability in the Red Sea

Figure 3.13 shows the long-term area-weighted Hadley SST (Hadley Centre Sea Ice

and Sea Surface Temperature data set, HadISST) (Rayner et al., 2003) anomaly

over the Red Sea and North Atlantic and HadCRUT4 surface temperature anomaly

(Morice et al., 2012) over the Northern Hemisphere since 1870. The North Atlantic

SST was averaged over the domain (0◦N-70◦N, 100◦W-30◦E) that is used for the

Atlantic Multidecadal Oscillation (AMO) index calculations (Schlesinger and Ra-

mankutty , 1994), although the linear trend was not removed. On a multidecadal time

scale, Northern Hemisphere temperature, Red Sea and North Atlantic SST variabil-

ity exhibits a strikingly strong correlation. Anomalies oscillate in a 60-70 year period

and are characterized by the same long-term positive linear trend that is much weaker

than the linear trend calculated on shorter time scales over warming/cooling periods.

The last Red Sea warming cycle initiated in 1980 is rather abrupt (Raitsos et al.,

2011; Belkin, 2009; Cantin et al., 2010), partly because both global and regional tem-

peratures were affected by two major volcanic eruptions of El Chichon in 1982 and
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Pinatubo in 1991. Assuming cyclic temperature variability in MENA and the Red

Sea, a polynomial trend calculation is preferable (Dogar et al., 2017).

Although the connection between Red Sea and North Atlantic SST anomalies is

yet to be understood, this study provides additional evidence that a major volcanic

eruption could significantly contribute not only to the global but also to the regional

climate variability and it has to be accounted for in trend analyses.
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Figure 3.13: Area-weighted quarterly (3 months) Hadley SST anomaly since 1870
averaged over the Red Sea and North Atlantic (0N-70N, 100W-30E) and HadCRUT4
surface temperature anomaly averaged over the Northern Hemisphere. Anomalies are
computed with respect to the 1961-1990 climatology.

3.5 Discussion and conclusions

The 1991 Mt. Pinatubo eruption severely impacted the regional climate of the Middle

East and North Africa and the Red Sea. The climate perturbation was especially

strong in the winter of 1991-1992 with snowfalls in Israel, the Red Sea SST cooling

by more than 1 K, and widespread coral bleaching for 2-3 years. The cooling quickly

penetrated into the deep ocean and lasted there for more than 20 years.

To better understand this regional climate response, we used a coupled regional
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ocean-atmosphere model to simulate these extreme events. This novel approach for

the MENA region is superior with respect to fine-resolution global model simulations

and allows us to accurately represent the post-Pinatubo anomalies both in the atmo-

sphere and the Red Sea, as well as to quantify the contributions of the direct regional

radiative forcing and circulation changes. We find that the severity of the Pinatubo

impact is largely explained by the intrusion of cold air masses due to perturbations

in the general circulation forced, at least partially, by volcanic impact, rather than

by direct radiative surface cooling by volcanic aerosols in MENA.

The Red Sea’s response to volcanic forcing is qualitatively different than that of the

global ocean (Stenchikov et al., 2009) and, although in both cases the oceans cool,

on the regional scale leading processes and characteristic time scales are different.

The Red Sea SST anomaly peaks at -1 ◦C, while the global SST anomaly is 3 times

smaller. Increases in evaporation and turbulent heat fluxes explain 50% and 25% of

the energy loss, respectively, while SW flux reduction makes a minor contribution.

In the global ocean, post-Pinatubo cooling is mostly driven by solar dimming due

to increased sulfate aerosol AOD after the eruption (Stenchikov et al., 2009). In

addition, in the global ocean response, the reduced evaporation acts as a negative

feedback mechanism opposing overall energy loss, while in the Red Sea, the latent

heat flux is the main driving forcing that cools the ocean. The time-scale of the heat

uptake is also different. In the global ocean, fast cooling of the upper layers is followed

by slow cooling of the deep ocean layer, which takes more than 15 years. In the Red

Sea, the upper and deep ocean cooled almost simultaneously and deep the ocean took

up about half the cooling.

Preconditioned by the winter season, the enhanced loss of the surface buoyancy in

the winter of 1991-1992 results in a doubling of the mixed layer depth in the northern

Red Sea and also in significant southward extension of the convective mixing. This

relatively fast process is the main mechanism of cold penetration in to the deep
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Red Sea waters, which happens episodically during winters rather than continuously

during the year. The Red Sea quickly lost heat during the two consecutive winters

following the Pinatubo eruption. The upper ocean recovered after 2 years. The cold

anomaly in the deep Red Sea persisted until the end of the run of 21 years. An

increased formation rate of the intermediate and deep waters resulted in deepening

and strengthening of the top overturning circulation cell in the northern Red Sea for

two consecutive years. Compared to the Atlantic Ocean’s overturning response to

Pinatubo forcing, which did not exceed 10%, the relative overturning anomaly in the

Red Sea exceeded 50% and the overall signal developed much faster. Due to cooling

of the deep water in the Red Sea and, as a result, a more stable thermocline, the

overturning circulation in the northern part has been suppressed and the vertical

extent of the upper circulation cell has shrunk since 1994. Unlike in the global ocean,

the heat balance in the Red Sea includes an additional term that represents heat

advection through the strait of Bab-el-Mandeb. However, analysis shows that neither

the flow strength nor the temperature profile at the strait is significantly perturbed by

the volcanic impact, and surface heat balance variations, forced by volcanic aerosols,

are mostly absorbed by the Red Sea heat content.

This study quantifies the impact of the Pinatubo eruption on MENA and the Red

Sea, reveals the high sensitivity of the regional climate to the global volcanic forcing,

and helps to better understand the climate mechanisms governing the regional climate

in Middle East.
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Chapter 4

Simulating the Regional Impact of Dust on the Middle East

Climate and the Red Sea

4.1 Introduction

The Red Sea is a tropical, marginal sea located in the dust belt (Prospero et al., 2002)

between North Africa and the Arabian Peninsula, the world’s largest sources of dust.

Together, these two regions account for 70 % of global dust emissions (Tanaka and

Chiba, 2006; Ginoux et al., 2012). Background dust loading is high relative to other

parts of the world and dust storms are frequent (Jish Prakash et al., 2015), which

has a profound effect on the climate and air quality (Osipov et al., 2015; Bangalath

and Stenchikov , 2015). Climatological aerosol optical depth (AOD) has been recently

produced over the Red Sea (Brindley et al., 2015; Banks et al., 2017), based on the

geostationary Spinning Enhanced Visible and InfraRed Imager (SEVIRI) instrument

retrievals and validated against ship-based sun photometer observations. The clima-

tology reveals high AOD in summer and distinct north to south AOD gradient along

the Red Sea axis. Steep mountain ranges reaching heights of 3 km surround the

southern Red Sea, trapping dust in the narrow mountain passes when axis winds in

the southern Red Sea reverse from south-easterly to north-westerly in the summer,

producing heavy dust loading with an aerosol optical depth (AOD) value greater than

1.

While radiative forcing associated with dust aerosols has been estimated (Brindley

et al., 2015) and is expected to have a profound thermal and dynamic impact on the
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Red Sea (Cahill et al., 2017), the overall impact has not yet been studied or evaluated.

In this chapter, we study the climatological impact of dust, the equilibrium response

of the Red Sea and the main mechanisms that define the energy balance, thermal

regime, and overturning circulation in the Red Sea by deriving the optical properties

of the aerosols, implementing them in a state-of-the-art regional model, and running

the first high-resolution coupled regional ocean-atmosphere simulations for the Red

Sea region.

The models used to obtain a realistic Red Sea climate state in coupled ocean-

atmosphere simulations, an aerosol implementation to evaluate the climate’s sensitiv-

ity to realistic radiative forcing from dust, and the experimental setup are described

in Section 4.2. Results and a quantitative analysis of the mechanisms that maintain

the energy balance, thermal and overturning circulation and responses of the Red Sea

to radiative forcing from dust, including possible implications for biological produc-

tivity, are provided in Section 4.3. A discussion and conclusions are offered in Section

4.4.

4.2 Model

Due to the strong atmospheric absorption by dust aerosols, a coupled modeling ap-

proach is critical for this study. Miller (2012) has shown that dust radiative forcing

at TOA, rather than at the surface, is the primary control on both atmospheric and

oceanic temperature anomalies, as it accounts for both atmospheric heating and the

energy exchange with the surface. Adjustment of the atmosphere to the dust forcing

perturbs the ocean-atmosphere heat exchange and, thus, strongly opposes radiative

cooling of the surface. Therefore, stand-alone ocean models driven by prescribed dust

radiative forcing at the surface are not adequate for the goals of this chapter, since

they do not account for atmospheric adjustments and overestimate the impact of

dust. These deficiencies are exaggerated in our case by the large magnitude of radia-
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tive forcing from dust and, consequently, the strong adjustments in the atmosphere

and in the latent and sensible heat fluxes.

In this study, the coupled model included the Weather Research and Forecasting

(WRF) model (Skamarock et al., 2008) as the atmospheric component and the Re-

gional Ocean Modeling System (ROMS) (Shchepetkin and McWilliams , 2005, 2009)

as the oceanic component. These models are coupled using the Model Coupling

Toolkit (MCT) as implemented in the Coupled Ocean-Atmosphere-Wave-Sediment

Transport (COAWST) framework (Warner et al., 2010).

As shown in Figure 4.1, the parent domain of WRF covers part of the Middle East

and North Africa (MENA) region at 30 km resolution. The extent of the domain is

limited by the spatial coverage of the optical depth retrievals from SEVIRI. A two-

way interactive nested domain over the Red Sea at 10 km resolution was added

to downscale the 30 km fields to improve the air-sea interaction calculations and

smooth out the transition from a relatively coarse atmospheric grid to a finer spatial

resolution oceanic grid. The ROMS domain covers the Red Sea and the western part

of the Gulf of Aden at 2 km resolution. The ocean and atmosphere coupling interval

was 30 minutes. Technical details and model settings are provided in Appendix B.

ROMS is formulated in the general, horizontal curvilinear coordinates, ξ and η.

For computational efficiency, the oceanic grid was rotated by 30 degrees (the rotation

angle is defined as a counterclockwise angle between the ξ-axis and true east), result-

ing in the ξ and η axes being across and parallel to the Red Sea axis, respectively.

The initial and boundary conditions for the atmospheric model were taken from

the European Centre for Medium-Range Weather Forecasts (ECMWF) ERA-Interim

data, and from the Ocean ReAnalysis Pilot 5 (ORAP5) (Zuo et al., 2015) reanalysis

for the ocean model. SST in the WRF domains, but outside the ROMS domain,

was prescribed from the ERA-Interim data and updated every 6 hours. According to

Papadopoulos et al. (2015); Zhai et al. (2015), the potential temperature and salinity
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of the deep waters in the Red Sea are largely steady. Due to the coarse bathymetry

and biases in deep waters in the ORAP5 reanalysis, we interpolated the oceanic initial

conditions in the deep Red Sea (below 400 m and north of the Bab-el-Mandeb strait)

from the World Ocean Atlas (WOA) annual climatological profile (Locarnini et al.,

2013; Zweng et al., 2013), assuming zero velocities at these locations. The oceanic

bathymetry in the model was constructed using the ETOPO1 1 arc-minute data set

Amante and Eakins (2009).

4.2.1 Aerosol implementation

Dust aerosols are optically active in both the shortwave (SW) and longwave (LW)

spectral bands. They perturb the radiation balance in the atmospheric column by

scattering and absorbing electromagnetic radiation. Spectral optical properties of

dust (extinction ε, single scattering albedo ω and phase function p) are functions of

the wavelength and depend on several parameters. The mineral composition of the

dust and thus the imaginary part of the refractive index define the single-scattering

albedo and the atmospheric absorption of dust (Balkanski et al., 2007; Di Biagio

et al., 2017). The particle size distribution strongly affects the spectral extinction

and single-scattering albedo, modulating the associated radiative forcing. Multiple

observational campaigns (Otto et al., 2007; Weinzierl et al., 2009; Ryder et al., 2013)

and numerical studies (Khan et al., 2015; Kok et al., 2017) have indicated the presence

and importance of coarse mode particles, which significantly contribute to the AOD

and single-scattering albedo. In modeling studies, the concentration of coarse particles

is often underestimated and compensated by finer particles. The complex shape of

the dust particles affects the phase function and angular scattering patterns (Dubovik

et al., 2006, 2002). Conventionally, the scattering effects are often ignored in the

LW range, and only absorption is considered. However, due to the presence of large

particles and at high optical depths, longwave scattering by dust is not negligible
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(Osipov et al., 2015; Dufresne et al., 2002). Due to the anisotropic scattering of dust,

in which forward scattering is prevailing, the diurnal cycle of radiative forcing in the

shortwave band has a distinct and complex shape (Osipov et al., 2015).

In this study, radiative transfer calculations in WRF were conducted using the

Rapid Radiative Transfer Model for General Circulation Models (RRTMG) in both

SW and LW ranges (Mlawer et al., 1997; Mlawer and Clough, 1997). To account for

the radiative effects of dust, we implemented the precalculated optical properties of

aerosols in the WRF model as an additional weekly input and propagated them into

the radiation driver. We computed these spectral properties (optical depth, single

scattering albedo, and asymmetry parameter) offline for the RRTMG SW and LW

wavelength bands using the Mie, T-matrix, and geometric optics approaches, and

the daily SEVIRI climatological optical depth as described in Osipov et al. (2015);

Brindley et al. (2015). The experiments with and without the prescribed optical

properties are referred to as perturbed (P) and control (C), respectively.

4.2.2 Experimental setup

The coupled model (both the P and C experiments) was integrated from 1996 to

2013, using the initial and boundary conditions from the reanalysis, as described

above. The analysis shows that this time span is representative of the regional climate,

and is sufficient to equilibrate the atmosphere and the upper ocean. However, the

characteristic time scales of the deep ocean processes are longer. To better stabilize

the deep ocean, we integrated the model another 17 years by initializing the ocean

model using a restart file from January 1, 2013, while the atmospheric model starts

from January 1, 1996, using ERA-Interim initial conditions. The use of diagnostics

based on the "restart" run is explicitly stated in the text.

We configured the ROMS model to save the daily averaged output, which was

calculated from the integration of the instantaneous fields during each time step.
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This accurate time averaging facilitated analysis and improved diagnostics of the Red

Sea energy balance. The WRF model output was saved every hour as instantaneous

fields.

4.3 Results

Equation 3.2 states that changes in heat content E can be split into two components:

fluxes at the ocean-atmosphere interface and an advection through the strait. These

components are discussed in the Section 4.3.1 and 4.3.5, respectively.

4.3.1 Dust radiative forcing and heat budget redistribution at

the sea surface

Evaporation exceeding precipitation makes the Red Sea one of the most saline bod-

ies of water in the world (Zolina et al., 2017). The energy balance of the Red Sea

is maintained by an exchange with the atmosphere (heat budget) and an advection

through the strait of Bab-el-Mandeb. Previous heat budget estimates show variations

between heat losses to the atmosphere (-22 W m−2) to heat gains (83 W m−2) (Sofi-

anos et al., 2002). Recent studies based on direct observations at the Bab-el-Mandeb

strait suggest that the current heat budget is close to zero (Sofianos et al., 2002).

Through the exchange with the atmosphere, the Red Sea gains energy from March

to September, and loses energy during the rest of the year.

Figure 4.2 shows the daily climatology of the net fluxes anomaly spatially averaged

over the Red Sea. The anomaly is computed as a difference between perturbed and

control runs at the sea surface. The climatology is defined as the average over the

1997-2013 period period. The seasonal cycle of the anomalies resembles the aerosol

loading of dust. Thus, the amplitude of the anomalies is largest in the summer,

when dust is most abundant. Dust aerosols cause strong cooling in SW (up to -60

W m−2) and warming in LW (up to 20 W m−2) ranges. The net radiative result
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(SW+LW) is dominated by the SW component and leads to energy loss from the

ocean. This loss is mostly compensated by decreased evaporation, but also by the

slightly decreased turbulent heat flux. Overall, the annual mean of the Red Sea heat

budget is reduced by 1.3 W m−2 and, thus, dust aerosols lead to energy loss through

the ocean-atmosphere interface.

While Figure 4.2 shows the temporal structure of the anomalies in the heat budget

components averaged over the Red Sea, Figure 4.3 shows the spatial distributions of

those components along the Red Sea axis. The SW and LW flux anomalies have a

distinct meridional shape and reflect the spatial distribution of the AOD along the

Red Sea axis. The climatological SW cooling is rather uniform over the southern

Red Sea and reaches about -30 W m−2. It has a sharp boundary at 19.5 N, after

which it steadily reduces to about -13 W m−2. The LW warming has a similar shape

but an opposite sign, although the magnitude (9 W m−2 in the southern half of the

Red Sea and 5.5 W m−2 in the northernmost Red Sea) is weaker than the SW. The

climatological LH and SH anomalies are bounded by 5-15 W m−2 and 0-2 W m−2,

respectively. Unlike the radiative components, the LH and SH fluxes do not exhibit

as strong a gradient along the Red Sea axis, but rather have a more spread out

shape. This is explained by two factors. First, the shallow overturning circulation

causes a northward advection of the cold signal. Second, the atmosphere responds

dynamically to the radiative forcing from dust, which is reflected by the spatially

nonuniform reduction of the surface wind speed. Both factors are discussed in detail

in Section 4.3.4. Since both the LH and SH fluxes are function of the 10 m wind

speed, the reduction of the wind speed further reduces evaporation and the turbulent

heat fluxes. Stand-alone ocean models with prescribed surface forcing do not account

for these processes. The increasing year-to-year variability in the LH and SH fluxes

over the nothern Red Sea is caused by the strength and position of wind jets across

the Red Sea, which have been studied previously by Jiang et al. (2009); Davis et al.



94

(2015); Farley Nicholls et al. (2015); Kalenderski et al. (2013); Anisimov et al. (2017).

The spatially asymmetric responses of the latent and turbulent heat fluxes rela-

tive to the radiative fluxes propagate into the heat budget (SW+LW+LH+SH). The

radiative (SW+LW) forcing by dust is always negative (i.e. cooling); however, both

the ocean and atmosphere dynamics lead to the adjustment and redistribution of

the heat budget anomaly along the Red Sea axis, resulting in a dipole structure, as

shown in the far right panel in Figure 4.3. Thus, the overall (spatially integrated)

heat budget loss (1.3 W m2) from imposed dust forcing is represented by an energy

loss in the southern Red Sea and by an energy gain in the northern Red Sea. Since

the climatological heat budget along the Red Sea axis (not shown) is characterized by

the energy gain and loss in the southern and northern parts of the sea, respectively,

dust aerosols lead to a more uniform meridional profile of the heat budget.

4.3.2 TOA fluxes and SST validation

As discussed in Section 4.2, dust TOA forcing is the primary control upon the at-

mospheric and oceanic temperature anomalies. The TOA forcing was validated in a

previous study (Brindley et al., 2015) via comparison with the Geostationary Earth

Radiation Budget (GERB) forcing, which was based on an independent method and

satellite observations. In this section, we supplement that validation by comparing

the simulated TOA fluxes and SST with observations from the additional satellite

instruments. The root-mean-square error (RMSE) and bias comparison statistics are

provided in Table 4.1.

Figure 4.4 shows the monthly climatology of the observed all-sky TOA SW and

LW NET fluxes over the Red Sea, obtained from the Clouds and the Earth’s Radiant

Energy System (CERES) EBAF-TOA Ed4.0 product (Loeb et al., 2009). According to

CERES, the Earth-atmosphere system over the Red Sea loses energy from November

to January, and gains energy during the rest of the year. The estimated uncertainty
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Figure 4.1: Modeling domain and setup. Outer and inner boxes correspond to the
atmospheric parent and nested domains, respectively. Purple shading over the Red
Sea corresponds to the oceanic grid.

Table 4.1: Root-mean-square error and bias comparison statistics for monthly cli-
matological CERES TOA SW and LW fluxes and OISST-AVHRR SST in relation to
COAWST P and C simulations. Statistics are computed in the observation-simulation
sense.

CERES TOA SW flux CERES TOA LW flux OISST-AVHRR SST
RMSE/Bias, (Wm−2) RMSE/Bias, (Wm−2) RMSE/Bias, (◦C)

COAWST C 15.33/-14.65 4.55/0.37 0.78/-0.39
COAWST P 2.31/-0.30 4.79/-2.16 0.62/0.01
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Figure 4.2: Climatological anomaly (perturbed run minus control run) in the daily
net (downward minus upward) fluxes as a response to the dust radiative forcing at
the sea surface spatially averaged over the Red Sea.

of the CERES TOA fluxes is 2.5Wm−2 in both SW and LW. Accounting for the dust

aerosols almost completely removes the bias and reduces the RMSE of the simulated

TOA SW flux relative to the CERES fluxes. Eight out of twelve values from the

climatological monthly WRF P TOA SW fluxes fall into the CERES 2.5 Wm−2

uncertainty range. The largest difference is seen in August and is equal to 4.06Wm−2.

In LW, the dust TOA forcing is smaller than in SW. The dust aerosols improve the

agreement of the TOA LW fluxes during May-September, when AOD is highest, and

half of the WRF P monthly values fall into the CERES uncertainty range. During

November, December, February, and March, the simulated atmospheric temperature

profiles are likely biased, since the TOA SW fluxes agree best with CERES during

these months. Overall, accounting for the radiative forcing of dust improves the total

(SW plus LW) simulated energy balance.

Figure 4.5 shows the annual cycle of SST, averaged over the Red Sea. Accord-

ing to the Advanced Very High Resolution Radiometer (AVHRR) -only Optimum

Interpolation SST (OISST) (Reynolds et al., 2007) and WOA, August and February
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are the warmest and coldest months, respectively. The largest difference between

these two data sets is seen during May-September and is likely due to differences

in the spatio-temporal sampling. The OISST-AVHRR data set is based on satellite

retrievals and includes extensive shallow areas. The WOA data set is based on fewer

in-situ measurements, which are mostly sampled along the Red Sea axis. Table 4.1

and Figure 4.5 show that accounting for the radiative forcing from dust almost com-

pletely removes the SST bias and reduces the RMSE. However, the simulated ROMS

P SST has stronger seasonal variability than SST in the observations.

A comparison of the control and perturbed simulations with satellite-based data

sets shows that accounting for dust aerosols improves the agreement between the

simulated and observed climatological states. Thus, it also indirectly confirms the

consistency of the magnitudes of the dust radiative forcing and ocean SST response.
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Figure 4.5: WOA (1955-2011), OISST-AVHRR (1997-2013), and simulated (ROMS
P and C, 1997-2013) monthly climatological SST.
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4.3.3 Dust signal in the ocean

Analyzing the ocean response to forcing of different origins and spatio-temporal char-

acteristics advances the understanding of the mechanisms that control the variability

of regional climate. For example, Osipov and Stenchikov (2017) analyzed the impact

of the Mount Pinatubo volcanic eruption on the Red Sea. The climatological forcing

from dust is different from the atmospheric forcing from the Mount Pinatubo erup-

tion in several aspects, providing an opportunity to assess and compare the main

mechanisms and time scales of the Red Sea responses. The volcanically induced at-

mospheric forcing caused an increased LH flux which resulted in a strong episodic

winter cooling in the northern Red Sea and a relatively quick cooling of the deep

waters. On the other hand, dust forcing is not transient in time, its maximum is

observed in summer, and it is spatially located in the southern part of the Red Sea

basin. These two qualitatively different forcings provide an opportunity to assess and

compare the main mechanisms and time scales of the Red Sea responses.

Figure 4.6 shows the time series of the spatially averaged anomalies of the sea

surface temperature (SST), salinity (SSS), and potential temperature Θ averaged in

the water column above (Θ↑75 m) and below (Θ↓75 m) 75 m. Figure 4.6 shows two

time scales: fast and slow. The fast time scale is represented by SST and Θ↑75 m,

which quickly respond to the radiative forcing and are stabilized after two years at

about -0.4 ◦C (yearly mean value). Due to intense mixing in the upper layer of the

ocean, the Θ↑75 m anomaly follows the SST anomaly, but with one to two month

lag. Θ↑75 m is also characterized by a smaller temporal variability than SST. The

monthly seasonal variability of the dust-induced SST anomaly is bounded by -0.3

◦C in winter and -0.7 ◦C in summer. As was discussed in Section 4.3.2, accounting

for radiative effect of dust reduces the SST bias relative to the OISST by 0.4 ◦C.

The slow time scale is represented by the SSS and Θ↓75 m. Radiative cooling caused

by dust leads to reduced evaporation and, thus, reduced SSS. Both the SSS and
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Θ↓75 m anomalies exhibit the strongest gradient during the first six years (shallow

overturning circulation characteristic time). By the end of the simulation, the SSS and

Θ↓75 m anomalies reach -0.12 and -0.19 ◦C, respectively. The "restart" run provides an

additional 17 years (see Section 4.2.2) and shows that the SSS and Θ↓75 m anomalies

almost stabilize at -0.17 and -0.22 ◦C, and the trend is minimal onward.

The time scales of the cooling signal in the deep Red Sea are different between the

dust and Pinatubo cases. In the Pinatubo case, the timing and spatial distribution of

the atmospheric forcing coincided with the time and location of the most intense deep

water formation in the Red Sea. Due to the weak stratification of the water column

in the northern part of the basin during winter, the deep Red Sea cooled within a

few months. In the case of dust, the deep Red Sea integrates the signal much more

slowly, since the stratification is stable enough in most of the basin to suppress the

deep convective mixing. Therefore, a slow "diffusion-like" heat exchange between the

upper and lower ocean layers and a northward advection of the cold signal to the

region of deep water formation region are the main mechanisms that inject colder

water masses into the deep ocean in the case of dust.

4.3.4 Ocean overturning response

The annual cycles of overturning circulation in the Red Sea and water exchange at

the Bab-el-Mandeb strait is characterized by two seasonal patterns. From October to

May (winter season), the shallow, meridional overturning circulation is represented by

a northward propagation of the surface waters and a deeper southward flow. During

this season, the overturning circulation is mostly driven by thermohaline forcing (Yao

et al., 2014a) and the development of cold and saline waters in the Gulf of Aqaba, the

Gulf of Suez, and the northernmost Red Sea. These intermediate and deep waters

are produced by means of buoyancy loss caused by the strong energy exchange with

the atmosphere (Papadopoulos et al., 2015, 2013; Abualnaja et al., 2015; Cember ,
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Figure 4.6: Monthly temperature and salinity anomalies spatially averaged over the
Red Sea. SST, Θ↑75 m, Θ↓75 m are plotted in relation to the vertical axis on the left.
SSS is plotted in relation to the vertical axis on the right.

1988). In the south, the exchange at the Bab-el-Mandeb strait is represented by a

warm, relatively fresh surface inflow and a colder, highly saline deep outflow (Red Sea

Overflow Water, RSOW). Thus, the Red Sea gains energy by advection during this

season. According to Yao et al. (2014a), wind-induced forcing only slightly increases

the two-layer exchange at the Bab-el-Mandeb strait.

From June to September (summer season), the shallow overturning cell is reversed,

becoming shallower and weaker than in winter. The transition to this summer state is

associated with the seasonally varying atmospheric forcing. The onset of the summer

monsoon reverses the winds to northwesterly in the southern Red Sea and to westerly

in the Gulf of Aden and the Arabian Sea. Wind-induced thermocline shoaling in the

Gulf of Aden associated with the Ekman upwelling introduces a northward pressure

gradient across the strait and drives the influx of intermediate-depth waters from the

Gulf of Aden (GAIW) (Patzert , 1974; Aiki et al., 2006; Yao et al., 2014b). During

this season, a three-layer exchange at the Bab-el-Mandeb strait is established and

represented by a warm surface outflow and a cool GAIW inflow. The RSOW outflow
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almost vanishes and, thus, the Red Sea loses energy through the strait. According to

Yao et al. (2014b), local wind-induced forcing significantly enhances the three-layer

water exchange at the Bab-el-Mandeb Strait during this season.

In order to obtain a more robust response in the deep ocean, we integrated the

model an additional 17 years as mentioned above. The overturning circulation diag-

nostics discussed in this section are based on this "restart" run. There are two distinct

effects of the forcing caused by dust aerosols that are relevant to the overturning cir-

culation. The first effect is associated with the spatially nonuniform radiative forcing,

which results in a stronger cooling of the southern half of the Red Sea, thereby reduc-

ing the meridional baroclinic pressure gradient. This impact was discussed in Sections

4.3.1 and 4.3.3. The second effect is associated with the reduced surface wind speed

caused by the radiative cooling of the surface and the heating of the overlaying atmo-

spheric layers by dust. The reduced wind speed also translates into a reduced surface

shear stress, which perturbs the barotropic pressure gradient. The top panel in Figure

4.7 shows the simulated climatological annual cycle of the surface wind stress along

the Red Sea axis. From October to May, (during the winter overturning circulation)

southeasterly winds in the southern Red Sea converge with northwesterly winds in

the northern Red Sea. From June to September, (during the summer overturning

circulation) the winds in the southern Red Sea reverse. The bottom panel in Figure

4.7 shows the overall reduction of the surface wind stress along the axis due to dust.

The anomaly peaks temporally in summer and spatially in the northern Red Sea,

when and where the dust optical depth is highest. Simulated wind speeds across the

Red Sea (not shown) are also reduced due to dust.

The shallow overturning circulation in the Red Sea is characterized by a strong

seasonal cycle. The winter and summer circulations are driven by different dynamic

processes; therefore, we discuss the impact of dust separately for each season. The

shallow overturning circulation in winter, is mostly driven by thermohaline forcing
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Figure 4.7: Daily climatology of the surface wind stress along the Red Sea axis. The
values are averaged across the Red Sea axis. Top panel shows the ROMS P mean state
and bottom panel shows the ROMS P-C anomaly due to dust. Anomaly colormap
limits (bottom panel) are 10 times smaller compared to the mean state (top panel).

(Yao et al., 2014a) and is shown in the top panel in Figure 4.8. It is represented

by a clockwise cell with a strength of 0.6 Sv. The simulated mean state is broadly

consistent with previous studies (Cember , 1988; Sofianos and Johns , 2015, 2003; Yao

et al., 2014b,a; Sofianos and Johns , 2003). Bottom panel in Figure 4.8 shows that

dust inhibits the shallow overturning circulation, which is mostly due to reduced

thermohaline forcing. According to Yao et al. (2014a), the wind-induced forcing

during this season only slightly modulates the circulation strength and the inflow

through the Bab-el-Mandeb strait. Thus, the reduction of the wind speed by dust

has only a secondary role in reducing the strength of the overturning circulation in

winter. The relative Ψ anomaly peaks in the southern Red Sea. It reaches 2-5%

around the core of the overturning cell and 10% in the upper 25 m.
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The overturning circulation in summer (shown in the top panel in Figure 4.9)

is characterized by a reversed (counterclockwise) upper overturning cell, a weaker

Ψ magnitude, and the transition from a two to three-layer exchange at the Bab-el-

Mandeb strait. According to Yao et al. (2014b), it is controlled by both the shallowing

of the thermocline in the Gulf of Aden, which introduces a northward pressure gra-

dient and drives the GAIW intrusion, and by the local surface wind stress over the

Red Sea, which enhances the Ψ and GAIW flow strength through the strait. The

bottom panel in Figure 4.9 shows that south of 20 N, dust also inhibits the summer

overturning circulation in the Red Sea. In this case, the Ψ anomaly is driven by the

reduced surface wind stress, shown in Figure 4.7. A positive Ψ anomaly peaks near

the anticyclonic eddies at 18.6 N (only in the upper 100 m), 21.2 N, and 22.5 N,

identified previously by Sofianos and Johns (2007). A negative Ψ anomaly is seen in

the Red Sea north of 24 N, which is the southernmost annual limit of the cyclonic

gyre (Sofianos and Johns , 2003). These anomalies are associated with the damp-

ening of the drivers of the eddies by dust, i.e., a decreased supply of GAIW waters

and a reduced surface wind speed. Although the absolute magnitude of the summer

overturning circulation strength and anomaly are weaker than in winter, the relative

magnitude of the anomalies is similar. Thus, dust reduces the strength of the shallow

overturning circulation in the Red Sea throughout the entire annual cycle.

4.3.5 Exchange at the Bab-El-Mandeb strait and implications

for biological productivity

The water exchange at the strait of Bab-el-Mandeb closes the energy, mass, and salt

balance in the Red Sea. In this section, we validate the simulated flow strength and

analyze the perturbations due to the radiative forcing from dust. The top panel in

Figure 4.10 shows the monthly climatology of the simulated transport at the strait.

From October to May, the two-layer water exchange is represented by a relatively
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Figure 4.8: Winter overturning circulation Ψ along the Red Sea axis in Sv. Top
panel shows the climatological mean state Ψ (ROMS, P) and bottom panel shows
P-C anomaly due to dust. Anomaly colormap limits (bottom panel) are 10 times
smaller than the mean state (top panel) limits.

fresh and warm surface inflow into the Red Sea and a cold, high-salinity deep outflow

(RSOW) (Murray and Johns , 1997). From June to September, the exchange at the

strait transitions to a three-layer structure, with weak surface and almost vanishing

deep outflows, and the mid-depth intrusion of cold, low-salinity GAIW. The bottom

panel in Figure 4.10 shows that dust reduces the water transport in the surface layer

for all months except September. The relative magnitude of the anomaly (with respect

to the perturbed run) peaks in July at 9%, and the yearly mean value is 3%. Dust

also suppresses the intrusion of GAIW for all months except September. The relative

magnitude of the anomaly in this layer also peaks in July at 8%; the mean value is

2%. The radiative impact of dust reduces the strength of the deep RSOW flow during
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Figure 4.9: Same as Figure 4.8 but for summer overturning circulation

the two-layer exchange at the strait, but strengthens it when the three-layer exchange

is present. The yearly mean of the relative anomaly magnitude for this layer is 3%.

In terms of equation 3.2, on the annual mean basis and in the steady state

(dÊ/dt = 0), the F̂BM flux anomaly should be balanced by the F̂HB flux anomaly

(-1.3 W m−2), due to the radiative impact of dust. However, it is challenging to ob-

tain the exact energy balance closure due to numerical rounding errors; the anomaly

is the O(1) value, significantly smaller than the individual fluxes in the equation,

which are the O(102) values. Additionally, energy is integrated across the O(107) grid

cells for a large number of time steps. As shown in Section 4.3.3, by the end of the

simulation, the temperature in the upper ocean had adjusted and the anomaly trend

in the deep Red Sea was small. The time mean F̂HB anomaly during this run is 0.32

W m−2. In the "restart" run, the anomaly peaks at 1.13 W m−2 and its mean value
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is 0.71 W m−2. Extrapolation of this result suggests that one or two more "restart"

runs will be necessary to reach equilibrium. Therefore, the basin-wide energy balance

takes about 50-70 years to adjust to the radiative forcing from dust, which is the time

scale of the deep overturning circulation.

The reduced surface and GAIW water exchange between the Red Sea and Gulf of

Aden (due to dust radiative forcing) has direct implications for the biological produc-

tivity of the Red Sea. The Red Sea can be divided into three zones based on nutrient

concentrations: northern, central, and southern. Higher nutrient concentrations are

generally found in the northern and southern parts of the Red Sea, while the central

Red Sea is the most oligotrophic (Churchill et al., 2014; Raitsos et al., 2013, 2015;

Triantafyllou et al., 2014; Almahasheer et al., 2016). Due to the lack of river discharge

and precipitation, advection of nutrient-rich waters through the strait in the southern

Red Sea and upwelling in the northern Red Sea are the main sources of nutrients in

the basin. The dynamic impact of dust reduces the supply of nutrients through the

Bab-el-Mandeb strait and thus reduces biological productivity in the Red Sea. On

the other hand, dust deposition into the Red Sea provides nutrients and enhances

productivity. However, while this effect has been widely discussed, it has not yet

been well-quantified.

4.4 Conclusions

To quantify the climatological impact of the dust aerosol on the Red Sea and ul-

timately to improve the understanding of the dust role in the regional climate, we

derived its optical properties, implemented them into a state of the art regional model

and ran the first high resolution coupled regional ocean-atmosphere simulations for

the Red Sea. Through validation of the TOA fluxes, forcing, and SST, we showed

that accounting for dust aerosols reduces the bias and RMSE in the simulations and

improves the simulated climate. This indicates that dust is an important radiative
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forcing agent in the Middle East and the Red Sea region.

The radiative impact of dust on the Red Sea is manifested by several effects.

Dust aerosols significantly alter the energy balance and redistribute the fluxes at the

sea surface. The simulated climatological SW and LW anomalies due to dust in the

basin are -22.8 and 7.7 W m−2, respectively. The overall radiative cooling is partly

compensated by the decreased evaporation and turbulent heat flux of 12.9 and 0.9

W m−2, respectively. Thus, dust reduces the Red Sea heat budget by 1.3 W m−2.

Strong radiative cooling leads to the 0.4 ◦C reduction of the SST and the potential

temperature in the upper 75 m (Θ↑75 m). The seasonal cycle of the SST anomaly is

bounded by -0.3 and -0.7 ◦C in winter and summer, respectively. Reduced evaporation

due to dust also leads to the freshening of the surface waters. Thus, dust aerosols

modulate the thermal and haline regimes of the Red Sea. These effects are especially

important for the extensive coral reef ecosystems that have adapted to live in one of

the most saline and warm seas in the world, and which has also recently experienced

an increased level of warming (Belkin, 2009; Raitsos et al., 2011).

A recent study by Cahill et al. (2017) employed uncoupled regional ocean model

to estimate an upper limit of the upper Red Sea response to dust radiative forcing.

Although their modeling approach and setup are significantly different from ours,

comparison of the coupled and uncoupled simulations improves the understanding of

the Red Sea response to the strong external forcing and highlights the importance of

the interactive air-sea exchange. Study by Cahill et al. (2017) only considers summer

perturbation of the radiative fluxes by dust aerosols and prescribes much stronger

spatially averaged dust radiative forcing (about -66 W m−2 in SW and +15 W m−2

in LW compared to -36 W m−2 in SW and +12 W m−2 in LW in the current study).

Cahill et al. (2017) highlights the importance of the atmospheric adjustment and

predicts that coupled ocean-atmosphere simulations are expected to have a much

smaller magnitude of the cooling. This is confirmed by comparing SST response
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efficiency ∆SST/(∆FSW + ∆FLW ), which is about 1.5 smaller in our simulations.

Our analysis shows that dust aerosols also reduce the potential temperature of

the deep Red Sea (below 75 m) by about 0.2 ◦C. We observed a faster cooling in the

deep ocean during the first six years of our analysis and minimal trend after 17 years.

The deep ocean response to dust forcing is significantly slower than to other natural

perturbations, such as the Mount Pinatubo volcanic eruption.

The radiative forcing from dust also inhibits the shallow overturning circulation

in the Red Sea. This impact is driven by the reduction of the surface wind speed and

the meridional temperature gradient. Due to the stronger cooling in the southern

Red Sea, dust aerosols reduce the thermohaline forcing along the basin axis and thus

the winter overturning circulation is inhibited. Reduction of the surface wind stress

also reduces the surface water and GAIW exchange at the Bab-el-Mandeb strait and

is a main driver of the summer overturning circulation anomaly.

The impact of dust on biological productivity in the Red Sea had not been studied

previously. The large optical depth, proximity to the source regions, and previous

studies (Jish Prakash et al., 2015; Engelbrecht et al., 2017) of dust aerosols, suggest

that large amount of the material is deposited into the Red Sea, thus providing

additional nutrients. However, in this study we showed that in addition to the direct

supply of nutrients from the atmosphere by deposition, the dynamic impact of dust

is an important factor in the overall role of dust in the biological productivity in the

Red Sea, since it reduces the surface water and GAIW exchange and thus nutrients

supply through the Bab-el-Mandeb strait.
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Figure 4.10: Monthly climatology of the surface, GAIW and RSOW transport through
the Bab-el-Mandeb strait. Top panel shows the climatological mean state (ROMS,
P) and bottom panel shows P-C anomaly due to dust.
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Chapter 5

Concluding Remarks

5.1 Contribution of the dissertation

The main objectives of this dissertation were to quantify mineral dust and volcanic

aerosol forcing in the Middle East and Red Sea and to assess its impact on the regional

climate. To study these scientific questions we developed novel modeling approaches

and numerical frameworks. Numerical simulations were validated against available

observations and analyzed. Our results show that mineral dust and explosive volcan-

ism are two integral components of the Middle East and Red Sea regional climate

system. Better understanding of the climate mechanisms that these two agents induce

in the Middle East improves the quality and accuracy of many socioeconomic applica-

tions that span from operational forecasts to future climate change projections. The

main contributions of the dissertation can be summarized in the following points:

• We quantified the radiative forcing of mineral dust and volcanic aerosols in the

Middle East. The modelling framework was developed to derive optical properties of

aerosols and compute their radiative forcing. This tool proved flexible and suitable

for a wide range of applications, different atmospheric conditions, aerosol types, and

spectral resolutions depending on the specific scientific requirements of a given prob-

lem. For example, it was successfully applied to study the effect of biomass burning

on atmospheric chemistry (Mok et al., 2016). We showed that according to CALIPSO

retrievals, dust is the dominant aerosol in the Middle East. For a wide range of op-

tical depths ranging from fair weather to dust storm conditions, dust TOA radiative
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forcing is negative in the Middle East and thus dust cools the Earth-atmosphere sys-

tem. Dust TOA radiative forcing has a complex diurnal cycle. The maximum value

reaches almost zero over the bright desert surface for the most absorbing refractive

index during the local solar noon.

• To study the role of explosive volcanism in the Middle East and Red Sea climate,

we implemented sulfate aerosol optical properties into the regional coupled ocean-

atmosphere model and integrated it for 27 years. This is the first high-resolution

coupled simulation of the climate in the Middle East and Red Sea region. The time

span of the simulation covers the period of the largest eruption of Mount Pinatubo

in the twenty first century. The impact of the eruption was successfully captured and

allowed us to validate simulations and model performance. The analysis showed that

direct radiative forcing of volcanic aerosols has a relatively minor impact, and that

the perturbations of the global atmospheric circulation forced by volcanic aerosol are

the leading cause of the observed strong cooling in the region.

•We analyzed the mechanisms of the Red Sea response to the Pinatubo eruption

and showed that they are qualitatively and quantitatively different to that observed

in the global ocean. The Middle East and Red Sea experience one of the strongest

warming trends in the world and volcanic eruptions significantly contribute to their

regional climate variability.

• Having validated the model performance using the Mount Pinatubo eruption,

we simulated dust impact on the Red Sea. Energy balance analysis showed that dust

has a profound effect on the Red Sea. The Red Sea is one the warmest and most

saline large marine ecosystems. Dust radiative forcing reduces water temperature and

salinity in the Red Sea. Its large-scale dynamical impact is represented by reduced

strength of the meridional overturning circulation and water exchange at the Bab-el-

Mandeb strait. The exchange at the strait is the critical source of nutrients in the

southern Red Sea and thus dust dynamical impact reduces biological productivity in
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the Red Sea.

• We evaluated the Red Sea response to the perturbations of the different origins

and compared the response mechanisms. The dust and volcanic forcings have dis-

tinctly different representations in time, space, and magnitude. The dust forcing is

present continuously through the year, reaching a maximum during the summer in

the southern Red Sea. The Pinatubo forcing is transient, reaching a maximum during

the winter in the northern Red Sea. Such analysis has improved our understanding

of the mechanisms that control the Red Sea climatological state.

5.2 Future perspectives

The research presented in this dissertation can be extended in several directions. The

developed methodology and modelling framework can be applied to different geo-

graphical regions. For example, the Arabian Sea and Arabian Gulf are also influenced

by dust aerosol (Banks et al., 2017). Long-range westward transport of African dust

over the Atlantic Ocean has been observed by multiple remote sensing instruments

and has gained significant attention recently (Huang et al., 2015; Yu et al., 2015;

Ben-Ami et al., 2009). Although most of the studies focus on the vertical structure

of the dust layer, some modeling and observation results suggest that Saharan dust

could impact hurricane formation and evolution in the North Atlantic region. This

theory could be studied and verified using the approach developed in this dissertation,

since it has both critical components: the coupled ocean atmosphere interaction, and

realistic dust optical properties.

Another possible branch for future research is dust impact on ecological processes

in the Red Sea. The Red Sea is considered poor in major nutrients and relies on

the supply from the Arabian Sea in the south and upwelling in the north. Deposi-

tion of dust from the atmosphere could provide additional nutrients and modulate

productivity. However, as has been shown in this dissertation, dust radiative forcing
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perturbs circulation in the Red Sea and diminishes exchange at the Bab-el-Mandeb

strait. Thus, to evaluate the overall dust impact on biological productivity in the

Red Sea, both components need to be considered. A biological model such as the

European Regional Seas Ecosystem Model (Antunes et al., 2011) can be coupled of-

fline to the COAWST simulations to study large-scale biological processes in the Red

Sea, thus allowing the dynamical impact of dust in addition to the direct deposition

of dust to be taken into account.
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A MLD algorithm

The curvature- and segment-based approaches have been shown to outperform clas-

sical threshold methods in MLD computations (Lorbacher et al., 2006; Abdulla et al.,

2016). In addition to that, threshold methods (for example, based on the variable

potential density criterion, Monterey and Levitus (1997)), when applied to the Red

Sea, fail to determine MLD at all for numerous profiles, due to the weak stratifica-

tion in the extreme north during winters or in the shallow coastal areas, since the

threshold value does not exist in the profile. In this work, MLD computations are

based on the potential density curvature criterion and are based on the approach

described by Lorbacher et al. (2006). The parent algorithm has been modified with

vectorization allowing multicore calculations (due to the large volume of daily high-

resolution model output data) and robustness, in the sense that the algorithm has

to consistently produce MLD values. The following steps are performed for a given

potential density, σ, profile. For each layer i at the depth zi, first (σ′i) and second (σ′′i )

derivatives and the quality index, qii, are computed. The quality index is defined as

qii = 1− std(σ0..i)

std(σ0..M)
, (A.1)

where M = min(int(1.5 ∗ i);N), N is the number of layers in the profile, std is the

standard deviation computed on the potential density values, σ, sampled at layers 0..i

and 0..M . MLD is defined as the depth of the layer imld for which qiimld is the largest

in the profile, while σ′imld > 0, σ′′imld > 0 and f ′′imld is a local maximum. Compared

to Lorbacher et al. (2006) algorithm, no MLD interpolation is done between levels.

Lorbacher et al. (2006) used qi as a measure to assess the performance of the MLD
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algorithms (as qi is closer to 1), but using the initial guess step. Instead, here this

step is completely removed and the algorithm tries to maximize the qi for a given

profile. In rare cases, when the criterion could not be satisfied for any layer in the

profile or when the largest qi in the profile is less then 0.55 (usually in the shallow

coastal areas), imld is chosen were f ′imld is largest. The algorithm is written in python,

capable of computing spatial MLD given 3D (x, y and z) input and is available online

at https://github.com/SeregaOsipov/MLD4ROMS.
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B Model settings

This section provides some of the technical details relevant for the reproducibility

of the numerical simulations. The model code has been modified and built from

revision 1146 of the COAWST source code. Tables B.1 and B.2 provide WRF- and

ROMS-specific settings, respectively.

Table B.1: WRF model namelist settings
Parameter Value Description
time_step 120, 40 time step for integration
feedback 1 feedback from nest to parent domain
mp_physics 3,3 microphysics scheme
ra_lw_physics 4,4 longwave radiation scheme
ra_sw_physics 4,4 shortwave radiation scheme
bl_pbl_physics 1,1 boundary layer scheme
cu_physics 0,0 cumulus parameterization scheme

Table B.2: ROMS standard input parameters
Parameter Value Description
DT 180 time step for integration
NDTFAST 25 number of barotropic time steps
TNU2 10 lateral harmonic constant mixing coefficient for tracer
VISC2 50 lateral harmonic constant mixing coefficient for momentum
GLS_Kmin 10−9 generic length-scale minimum value of specific turbulent

kinetic energy
N 40 number of vertical levels
Vtransform 2 vertical transform equation
Vstretching 2 vertical stretching function
THETA_S 8 s-coordinate surface control parameter
THETA_B 0.1 s-coordinate bottom control parameter
TCLINE 200 width of surface or bottom boundary layer
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